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Abstract 
Carbonate weathering is an important feedback to regulate the carbon cycle and 

climate of the Earth system. Focus of the behaviour of this feedback has been on 

geological scales. Little attention has been given to the responses of this feedback to 

shorter-scale Earth system perturbations, especially how different uplifted masses of 

carbonate have influenced this strength. Hence, using the Earth system model 

cGENIE, this study will explore the carbon and climate responses to different 

carbonate weathering rates, and how these rates produce different resilience to a 

range past and future carbon perturbations. These experiments have shown a 

considerable carbon and climate influence from higher carbonate weathering rates. 

This is especially evident in response to perturbations, where higher carbonate 

weathering rates show considerable resilience contribution to the system, notably in 

the longer-term recovery period. This has therefore exposed an important role of 

carbonate weathering on a previously underappreciated temporal scale. Further, this 

study has also demonstrated carbonate weathering does have an important control 

on resilience and recovery direction, hence is an important variable to refine for 

future impacts and rate of recovery. 
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1. Introduction  
This section will introduce the contextual literature that lay the foundation for this 

project and review the current discussions and controversies in research, as well as 

highlighting any knowledge gaps that have informed project motivations and aims. 

 

1.1 Carbonate Weathering and the Global Carbon Cycle 

1.1.1 Background  

The carbon cycle is an integral modulator of Earth system climate and the 

composition of the atmosphere and oceans (Sarmiento et al., 1998). The long-term 

carbon cycle is comprised of continual CO2 inputs from the crust via volcano and 

mid-ocean ridge outlets, then cycling through the oceans, atmosphere and the 

terrestrial biosphere where it either remains in sinks or recycled into the crust at 

subduction zones on geologic timescales (Berner, 2003). Consumption of CO2 is 

orchestrated by carbonate and silicate weathering, which have stabilised climate and 

carbon through Earth’s history (Berner, Lasaga and Garrels., 1983; Walker, Hays 

and Karsting, 1981) (Equation 1 and 2).  

 

2CO2 + H2O + CaSiO2  Ca2+ + 2HCO3- + SiO2 (Equation 1) 

CO2 + H2O + CaCO3  Ca2+ + 2HCO3- (Equation 2) 

 

Ultimately, Ca and Si weathering act as a sink of carbon within the cycle, consuming 

CO2 to be deposited as CaCO3 sedimentary rocks (Figure 1). 
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On relatively shorter and more geologically recent time scales, the carbon cycle has 

been significantly influenced by biological controls, which have not only changed 

CO2 content through respiration but also by enhancing weathering (Lenton and 

Watson, 2004; Lenton and Watson, 2011). Short term carbon cycles dynamically 

transfer carbon between the atmosphere, oceans, terrestrial soils and biology, 

introducing an organic carbon element to the carbon cycle (Townsend, Vitousek and 

Holland, 1992; Lenton and Watson, 2011). These changes and short-term 

perturbations still get regulated and equilibrated by the longer-term processes of rock 

weathering and sediment burial (Colbourn, Ridgwell and Lenton, 2015). The rates at 

which these processes operate, and the direction of equilibrium, determines the 

Figure 1.1; Long Term Carbon Cycle.  

Diagram shows carbon fluxes, with emphasis on regulatory role of carbonate and silicate weathering and burial (purple 
dashed boxes). Adapted from (Colbourn, Ridgwell and Lenton, 2015) 
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Earth’s climate (Saltzman, 2017). However, constraints on these variables are 

relatively uncertain and poorly understood (Caves et al., 2016; Meissner et al.,2012). 

 

1.1.2 Oceanic Carbon Cycle 

C-cycle contributions are important for ocean biogeochemistry stability by supplying 

organic and inorganic carbon sediments to sustain life, contribute to a carbonate 

sediment sink and feed subduction zones to remove accumulated carbon from the 

system and continue the conveyor of carbon recycling, maintaining a “steady state” 

in carbonate (Mackenzie and Morse, 1992). However, subduction is also said to 

increase degassing at the earth’s surface, therefore creating an uncertainty around 

the carbon removal magnitude in deep sea sediments (Mackenzie and Morse, 1992; 

Berner, 1990). But given that total breadth of subduction and rift zones are variable 

through time, the scale of influence is complex stasis with erosion (Figure 1.2) (Mills 

et al., 2018).  
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Increased CO2 can increase ocean bicarbonate and H+ content and thus ocean 

acidification (Equation 3). This is counteracted by Si and Ca weathering, and 

increased dissolution of carbonate sediment on the seafloor, regulated by the 

Carbonate Compensation Depth (CCD) which dynamically responds to changes in 

pH and saturation by carbonate dissolution (Equation 4) (Ridgwell and Zeebe, 2005; 

Kump et al., 2009). Responsivity of the CCD through Earth history is evident by 

transitions between thick depositions of calcareous skeletons and inorganic matter, 

to dissolution intervals (Tyrrell, 2007; Kender et al., 2019; Greene et al., 2019). This 

process is a key feedback in the ocean carbon cycle, maintaining a quasi-steady 

state (Zeebe and Zachos, 2013). 

 

Figure 1.2; Tectonic change over time.  

Figure adapted from (Mills et al., 2018) showing degassing rate from rift length reconstructions (A) 
and erosion rate from sediment accumulation data (B) change over 700Ma. 

100Myr moving average 
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CO2 (aq) + H2O ⇌ HCO3− + H+ ⇌ CO32− + 2H+ (Equation 3) 

CaCO3 + CO2 + H2O ⇌ Ca2+ (aq) + 2HCO3- (aq) (Equation 4) 

 

The oceanic dimensions of the C-cycle reside mostly in coastal ecosystems where 

there is an instantaneous transfer of gases at the atmosphere interface (Gustafsson, 

Omstedt and Gustafsson, 2015). Furthermore, shallow seas are densely biologically 

active, supporting ~30% of primary productivity and creating additional stores and 

sources of CO2 through photosynthesis, respiration and decomposition (Andersson 

and Mackenzie, 2004). A direct interface allows for very responsive feedbacks, but 

ultimately results in a state that is in disequilibrium on such timescales with relatively 

rapid turnovers hence influenced by short term changes to atmospheric CO2, 

terrestrial sediment/nutrient delivery, freshwater influx, and seasonality (Smith and 

Hollibaugh 1993; Sigman and Hain, 2012).  

 

The slow turn-over of oceanic carbon cycle processes exist with short-term, highly 

responsive processes. These are driven by the biological pump; the carbon 

sequestration in OM and CaCO3 by mainly photosynthesis and phytoplankton on 

100-year scales and its subsequent sinking and remineralisation at depth (Hain, 

Sigman and Haug, 2014; Archer, 2003). This accounts for an important carbon sink 

larger than other bioactive carbon stores (Honjo et al., 2014). However, due to the 

fragility of biological processes and stressors, the strength and resilience is still 

poorly constrained (IPCC, 2005; Sabine et al., 2004). Nonetheless, on these scales 

the control of biological carbon storage and source can impede a long-term 

weathering signature (Gruber et al., 2009). 



 17 

 

Hence, strength and significance of ocean carbon dynamics are relatively uncertain 

in predictions. This is largely due to the lack of observations of biogeochemical 

relationships on various scales, lacking in temporal scale for detailed measurements 

and spatial inaccuracies for geologic records (Fennel et al., 2019; Röthlisberger et 

al., 2010). Therefore, great bias in models exists depending on which observations 

of weathering are applied and how empirical relationships are adapted (Colbourn, 

Ridgwell and Lenton, 2015). 

 

1.2 Weathering Influences on the Carbon Cycle 

1.2.1 Geology  

1.2.1.1 Volcanism and LIPs 

As well as a constant background CO2 emission, volcanism is also a key influence 

on CO2 drawdown. This is through weathering of fresh basalt deposits. LIPs spread 

over large areas globally and are able to contribute to 25-35% of CO2 Si-weathering 

consumption (Dessert et al., 2003). In addition to significant surface coverage, basalt 

allows a rapid rate of chemical weathering by existing for the most of its lifecycle as 

freshly exposed; vulnerable to external forces (Chen et al., 2020; Ikeda, Tada and 

Ozaki, 2017). 

 

LIP formations have triggered global cooling via rapid CO2 removal and 

consequential reduced greenhouse effect (Enst and Youbi, 2017). Volcanism can 

therefore initiate a geological scale feedback to keep net change neutral, but in doing 

so swings Earth’s climatic system between different thermostatic and atmospheric 
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composition states (Ernst, 2014). Habitable conditions on Earth are broadly 

controlled by weathering that is able to respond and mitigate CO2 concentration 

fluctuations (Rushby et al., 2018).  

 

Lithology has an important influence on the C-cycle to determine weathered supply 

of Si and Ca minerals. Weathering of rocks composed of these materials account for 

40% and 60% (respectively) of global CO2 uptake (Amiotte-Suchet et al., 2003).  

 

1.2.1.2 Continentality and Paleogeography  

Continental mobility influences the distribution and availability of volcanic inputs by 

opening up ridges and crust recycling at plate margins. This alters CO2 composition 

and climate through emission and weathering (Mackenzie and Morse, 1992). Crustal 

collisions onset periods of uplift and mountain exhumation, which are a dominant 

and observable source of carbonate and silicate weathering climate regulation; for 

example, the Neogene exhumation of the Himalayas is hypothesised to have 

triggered a glacial climate (Zachos et al., 1999). Uplift also influences climate - as the 

Himalayas are positioned beneath the ITCZ, a relief feedback has strengthened the 

monsoon and enhanced erosion (Armstrong and Allen, 2010). Erosional climate, 

steep slopes and high Si and Ca composition have supplied the majority of bulk 

sediment accumulation rates in SE Asia, contributing greatly to the carbon cycle sink 

(Berner, 2004; Kender, Yu and Peck, 2014).  

 

Continental arrangement also dictates ice growth and climate through latitudinal 

placement. Crowley, Hyde and Short (1989) argue that Pangea allowed spatial 
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climatic contrasts because of latitudinal positioning, permitting ice covered poles. 

This catalyses erosional forces which create biological and mechanical cryosphere 

weathering outputs, contributing to shallow marine carbonate production (Walker, 

Wilkinson and Ivany, 2001). Continental area can also alter the C-cycle by changing 

amount of exposed weatherable surfaces. Kump (2018) argues that greater 

continentality reduces the weathering potential, as climate has a reduced influence 

over land erosion and continental shelf erosive area is reduced. Changes in the shelf 

area and coastal volume has had greater influences on carbonate production than 

marine calcifiers diversifying and sea level fluctuations due to changes in rates and 

volumes of erosion and loci of sediment delivery and accumulation in shallow seas 

(Walker, Wilkinson and Ivany, 2001). However, large continents with dry interiors can 

undergo ‘megamonsoon’ climates as suggested was the case for Pangea (Dubbiel et 

al., 1991). Relative strength of continental controls over weathering remain 

controversial (Goddéris et al., 2012). 

 

1.2.2 Ocean dynamics 

Sea Level (SL) influences weathering by exposure of continental shelf area and 

fluctuation of the CCD, which effects both shallow sea inflow and biological cycling 

and deep-sea cycling (Fagherazzi, Howard and Wiberg, 2004; van der Ploeg et al., 

2019). Mackenzie and Morse (1992) argue that high SL results in more total fluxes in 

shallows whereas lower SL means more transportation to deep ocean and 

potentially a lower rate of cycling (Mackenzie and Morse, 1992). Sabine and 

Mackenie (1995) and Berger (1982) also note how a lower SL allows more platform 

exposed to dissolution, hence increasing an ocean sink. 



 20 

This was exemplified in the Cretaceous high-stand whereby a sufficient continental 

area was submerged in a semi-arid area and invited high run off, therefore Ca2+ 

inputs were more dominated by a terrestrial weathering system, as opposed to a low 

sea level state dominating the carbonate supply from slower Ca2+ supply from 

organic sources (Mackenzie and Morse, 1992). Opdyke and Wilkinson (1988) also 

explored how a Cretaceous high SL resulted in a 50% area of epicratonic shelf 

flooded, a deepened CCD by 1.5km, 3-fold increase in calcite ooze deposition and 

an 8-fold increase in pelagic limestone from cretaceous rate, in addition to a new 

evolution of plankton to live in shallow seas (Hays, 2008). This exposes strong 

communication between coast and shelf and transfer from shallow to deep 

carbonate accumulation, thus giving a role of influence to sedimentary surface area 

to predict portioning of carbonate fluxes (shallow or deep sea) and capacity to be 

source or sink. Future capacity to adjust to SLR is uncertain. A variety of models 

testing 0.2-0.8m in the next 100 years produce an uncertain behaviour of the 

inorganic pump, competing influences between OA reducing calcification and 

increasing dissolution, and an increment in submerged weatherable land reducing 

Ca and SI input (Tyrrell, 2007).  

 

Carbonate weathering influences the nutrient delivery to surface water, which is 

where calcification is largely restricted and thus affects the large biological influence 

over CaCO3 (Tyrrell, 2007). The populations of carbonaceous species contribute 

measurably to the ocean sediment carbonate budget; therefore, any change impacts 

the carbon cycle (Baumann et al., 2004). Changes to ecosystem behaviour and 

structure are commonly attributed to an acidification event or a change in delivery of 
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nutrients from circulatory changes (Honisch et al., 2012; Zeebe and Zachos, 2007), 

frequently omitting the influence of CaCO3 weathering (Cárdenas et al., 2018).  

 

1.2.3 Ice Sheet Coverage  

Ice dynamics on the Earth’s surface have great control over the Ca supply to, and 

activity within, oceans. The erosive power of glaciers breaks down and mobilises 

carbonate and silicate bedrock rapidly, flushing directly into the oceans.  

 

Geological records have captured the erosive control ice has had on the global C-

cycle. This has been seen for the most extreme events such as snowball earth, 

where not only did the global coverage of ice halt weathering and influenced the 

carbon cycle and climate, the exit recession of ice dramatically increased weathering 

which again had great control on the Earth system (Lenton and Watson, 2011). For 

glacial-interglacial periods, the highest erosion rate seen between Neogene and 

present was due to glaciers, which increased Si export and enhanced CO2 

drawdown, noticeably in the LGM (Mackenzie and Morse, 1992; Hawkings et al., 

2018). Glacial weathering coinciding with declining CO2 (pre-anthropic perturbation) 

shows it is a dynamic process of carbon capture.  

 

The weathered inputs not only buffer ocean chemistry but can also interact with 

circulation and upwelling carbon and climate controls (Cape et al., 2019). However, 

this influence on a geological scale is controversial. Elsworth et al (2017) argue 

enhanced weathering in the Eocene sufficiently drew down CO2 to trigger glaciation 

but suggest this is a secondary impact of ocean circulation changes. Kender, Yu and 
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Peck (2014) on the other hand dismiss this control from circulation changes in the 

mid-Miocene, instead showing CO2 sequestration and elevated alkalinity was from 

emergent carbonate and silicate of the Himalayas.  

 

Emerging glacial weathering projects identify high Si discharge from large glacial 

basins at quantities previously poorly constrained and absent from weathering 

budgets (Meire et al., 2016) and new accounts of chemical weathering across 

proglacial meltwaters contributing to a CO2 sink (St Piere et al., 2019). Influential 

spatial scale of erosion and deposition from glacial influence via IRD, sea ice and 

offshore advection has also been reported (Wadham et al., 2013; Arrigo et al., 2017). 

Glacial weathering influence has been exemplified in Iceland which has shown a 

30% weathering flux increase over 40 years in response to glacial melt (Beaulieu et 

al., 2012). Similar observations have been made for receding alpine glaciers, which 

have shown increased preferential weathering of carbonate bedrock, resulting in a 

CO2 sink (Anderson et al., 1997; Scribner et al., 2015).  

 

These relationships oppose a common assumption that weathering is temperature 

dependent (Mills et al., 2018). Although a linear assumption is easy to apply in 

models, weathering controls can be spatially complex. Therefore, accounting for this 

complexity could amount to high weathering buffer ability within the carbon cycle 

through chemical and biological interactions, offering potential resilience on 

substantial spatial and temporal scales.  
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1.2.4 Biological influence  

As well as being weathering-responsive, biology can also influence weathering. OA 

threats to carbonate species and coral reefs can change type and distribution of 

species, hence success of non-calceous species in addition to reduced CaCO3 

export may weaken the biological pump (Hofman and Schellnhuber, 2009). Some 

studies have highlighted the carbonate weathering contributions of biology, ranging 

from a bioerosion balance suppling the coral reef carbonate budget (Perry et al., 

2014), to the important flux driven by bottom-dweller bioturbation (Broecker, 2003; 

Emerson and Hedges, 2008). 

 

Weathering has shown to be sensitive to the type of vegetation that creates temporal 

and spatial variations of carbon in the soil and water budgets; for example, 20-30% 

higher carbonate weathering in deciduous than under conifers (Ivory et al., 2014). 

However, there is controversy about the significance of this weathering influence, 

with some identifying an opposite relationship (Oeser and Blanckenburg, 2020; 

D’Antonio, Ibarra and Boyce, 2019). In addition to vegetation, soils can influence 

weathering through pCO2 from respiration altering temperature which has been 

shown to increase weathering and dissolution (Romero-Mujalli et al., 2019). 

 

Arguably, the most significant influences on weathering have birthed out of Earth 

climate and carbon catastrophes. The next section will explore such catastrophes 

and responses in more detail. 
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1.3 Climate, Carbon and Earth System Resilience Changes 

1.3.1 Introduction 

Earth’s history has been a succession of temperature and CO2 fluctuations, which 

has triggered ocean instabilities and tested resilience of biogeochemical regulatory 

cycles. Global acidification and anoxia events through time have each exhibited 

different impacts and recovery mechanisms. Although no past event serves as an 

analogue for the future (Honisch et al., 2012), they provide insight into how oceans 

respond and recover to stresses. Many studies explore various events but have 

placed different weightings to modelled assumptions on the impacts attributable to 

ocean resilience (Turner, 2018). Similarly, observations are difficult to filter out 

geochemical resilience, given the other environmental and ecological changes 

occurring simultaneously (Ridgwell and Schmidt, 2010). Therefore, to identify 

sources of resilience one must consider how it would have operated alongside and in 

response to other environmental changes. 

 

This section will therefore review the past oceanic events from the Permian to Late 

Pleistocene and whether observations indicate active sources of geochemical 

resilience.  

 

1.3.2 Deep Time Carbon and Climate Disasters 

The largest extinction event (Permian-Triassic) wiped out 90% of marine life (Jin et 

al., 2000). A potential cause are two consecutive flood basalt eruptions (Siberian 

Traps) that align with timing and explain the CO2 induced global 16°C warming from 

a release of 13,000-43,000 PgC in 20-400Kyrs (Payne et al., 2010; Sobolev et al., 
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2011; Shen et al., 2011). Such heating melted the poles and broke down ocean 

circulation which resultantly acidified and deoxygenated the ocean (Kump, 2018; 

Clarkson et al., 2015). Lethal 40°C ocean temperatures along with pH reductions of 

0.6-0.7 units lasting for around 10kyrs, led to shallow waters experiencing the 

greatest losses inhibiting a demise of hypercalcifying taxa and a reef crisis 

responsible for rugose and tabulate coral extinctions (Clarkson et al., 2015; Kiessling 

and Simpson, 2010). Large losses, runaway feedbacks and slow recovery is 

observed from this event, indicative of a lack of resilient mechanisms in place (Foster 

et al., 2017). 

 

Marine fauna was targeted again in the Triassic-Jurassic extinction event, 

categorised by a CO2 increase to more than 7 times modern level and temperatures 

3-4°C warmer (Stanley, 2009). Climate change, extra-terrestrial impact and volcanic 

activity are said to be responsible for land and ocean extinctions, and 

catastrophically acidified the oceans (Hautmann, Benton and Tomasovych, 2008). 

Yet, the Cretaceous allowed for a diversification recovery for calcifying marine life, 

aided by a transition from aragonite to calcite seas (Stanley, Ries and Hardie, 2002). 

Breakup of Gondwanaland, SLR and a lower saturation ratio of Mg2+:Ca2+ allowed 

for a Rudist reef, calcareous nanoplankton, diatom and foram expansion (Johnson, 

2002). Productive calcification led to the widespread deposits of chalk at 

15cm/1000yrs (Stanley, Ries and Hardie, 2005; Stanley, 2009).  

 

Cretaceous success was punctuated with anoxic events (OAE 1a and OAE2) due to 

a relatively stagnant ocean due to warmer temperatures, weaker mixing and a 
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continental flooding from SLR, encroaching anoxia into shallow seas consequently 

leading to widespread shallow and deep-water shale deposits (Danise et al., 2013). 

Calcareous plankton show 20-30kyr delayed deep-water acidification to OAE1a, 

followed by a stepwise CO2 increment and acidification (Erba et al., 2010). Jenkyns 

(2018) argues these to be due to weathering-induced cooling episodes during a 

period of high CO2 and temperature over the 500kyr eruption of the Deccan Traps. 

An intensified hydrological cycle impacting fresh basalt deposits allowed for CO2 

drawdown and triggered a global cooling, reducing ocean temperatures from 20°C to 

9°C (Jenkyns, 2018). Midtkandal et al (2016) suggests other volcanic weathering 

sources were also responsible for this cooling, including the high Arctic LIP as a 

contributing factor. 

 

The PETM 10 million years after the end-Cretaceous saw a relatively short but 

intense high CO2 and temperature episode causing 30-50% benthic foraminifera loss 

and significant microbenthic deformity from anoxia and acidification (Zachos et al., 

2005; Rodriguez-Tovar et al., 2011). The CCD rose 2km to shallower than 1.5km, 

reducing CaCO3 preservation (Honisch et al., 2012; Zachos et al., 2005). Depending 

on the CO2 source, models estimate surface pH decline of 0.25-0.45 units and 

reduction in mean surface ocean aragonite saturation from 3 to 1.5 (Ridegwell and 

Schmidt, 2010). The consensus suggests the event was triggered by NAVP mass 

volcanism and penetration into C-rich sediments (Jones et al., 2019). Methane 

clathrate instability is also argued to contribute additional CO2 to the perturbation 

(Gehler, Gingerich and Pack, 2016). Armstrong McKay and Lenton (2018) explore 

resilient variation at the PETM as a destabilisation in the C-cycle 1.5Myrs before the 
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event, likely from the NAVP rendering carbon and climate systems vulnerable to 

tipping points and loss of negative feedback resilience.  

 

1.3.3 Past Resilience  

As discussed, different perturbations have experienced different scales and rates of 

climatic and carbon cycle changes, but also revealed inconsistent recovery and 

resilience. Earth system resilience can be defined as a spectrum of behaviours, but 

for the purpose of this study, resilience will refer to the carbon cycle recovery to a 

perturbation. The Earth as a system, encompassing its regulatory feedbacks and 

inhabitants, has resilience to respond to climatic changes to recover as a new state 

of relative stability (Lovelock and Margulis, 1974). Questions now arise about 

whether this resilience has changed over time. 

  

Lenton (2019) identifies changing resilience and recovery post-significant climatic 

events, suggesting the Earth as a system is evolving to a more resilient state. 

Whether the Earth is becoming more resilient due to the types of forcings imposed, 

availability and strength of feedbacks, or whether it is not changing in resilience at 

all, remains unknown. However, key components of the climate and carbon system 

can employ resilience.  

 

The foundation to Earth system resilience is the long-term negative weathering 

feedback, able to drawdown CO2. Weathering feedback strength could have been 

influenced at different intervals through time depending on whether an appropriate 

set up of environmental conditions (explained in Weathering Influences on the 
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Carbon Cycle). It is difficult to attribute a cause with geological record gaps and 

environmental changes occurring in tandem with perceived increased weathering 

resilience strength. Nonetheless, system resilience is important to define and is 

transferrable to the future if an identified resilience source is still present today 

(Lenton and Britton, 2006).  

 

Rapid recovery of the PETM is said to have largely been due to enhanced 

weathering (Chen et al., 2016; Komar and Zeebe, 2011). Dunkley Jones et al (2018) 

identifies two intervals of PETM recovery is mirrored by an increase of CaCO3 wt% in 

sediments, evident also by sedimentation rates increasing to ~6cm ka-1, implying 

large erosion and weathering fluxes. Increased erosion rate is also supported by 

observations from (Schmitz, Pujalte and Betelu., 2001), argued to be enhanced by 

changes in hydrological responses and a fall in SL, increasing land-to-slope 

sediment transfer.  

  

Kender et al (2012) also identify increased erosion and deposition signals in NW 

Europe, occurring even earlier in the CIE recovery period. They interpret this as an 

enhanced erosion and runoff sourced from a combination of tectonic uplift, enhanced 

hydrological cycling and sea level rise. Such environmental conditions marry well to 

observations elsewhere, contextualising conditions for increased erosion and 

weathering.  

 

Enhanced weathering driving CO2 drawdown and cooling is also observable for 

Eocene warming event recoveries (Elsworth et al., 2017). This coincides with a high 
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weathering rate that has continued at an increasing trajectory (van der Ploeg et al., 

2019). Although small-scale processes are commonly linked to resilience during this 

time (Sexton et al., 2011), a backdrop of high coastal carbonate weathering could be 

an underplayed contribution. This is in addition to an increase in the mass of 

carbonate rock to weather (Mackenzie and Morse, 1992). 

 

1.4 The Significance of Chalk 

Consistently underappreciated is the observed increase in weathering trend and 

resilience coexisting with uplift of large chalk bodies. This section will review current 

discussions on the timing, influence and observation of this uplift, in the context of a 

possible source of enhanced weathering resilience. 

 

1.4.1 Timing of Uplift 

Cretaceous chalk was formed by a rain of calcifying organisms to the sea floor. This 

has produced ‘chalk massifs’ that have a global coverage as extensive sheer-faced 

coastal cliffs (Kennedy, Stephenson and Naylor, 2011; Moses and Robinson, 2011).  

 

The date of chalk uplift is poorly constrained, but it is thought that at least for the 

European continental shelf strata, uplift occurred the same time as the Alpine 

orogeny in the Tertiary period (66-2.6 Ma) (Dezes, Schmid and Ziegler, 2004). Knox 

(1996) and Gale and Lovell (2018) refine uplift to be a consequence of the Icelandic 

plume that further billowed and folded crust. Such folds existing in Northern Europe 

such as the Weald-Artois anticline, Isle of Wight Monocline and the various folds 
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along the Jurassic coast have all allowed for the vertical uplift and exposure of 260-

500m thick Cretaceous chalk beds (Aldiss, Farrant and Hopson, 2012). 

 

This places chalk uplift around the PETM recovery. Following uplift, SL has followed 

a dropping trajectory, in addition to increasing glacial and ice sheet sea level 

influence from dyad polar ice coverage (Wordon, Ruffell and Cornford, 2000; Gasson 

et al., 2016). This has increased exposure of more carbonate landscapes for erosion 

and weathering (Gillieson, 2005). 

 

1.4.2 Weatherability of Chalk 

The shallow sea origin of chalk means a mostly coastal location of these features, 

increasing susceptibility to additional erosional and weathering forces. This results in 

these features being 55% weaker than inland counterparts (Lawrence et al., 2013). 

Erosive energy from wave, wind and freeze-thaw, which are concentrated where 

large areas of chalk massifs exist in the Northern Hemisphere, enhance vulnerability 

imposed on its physical characteristics (van Buchem et al., 2017).  

 

High permeability and porosity, enhanced at a seawater interface by saltwater 

crystallisation, causes fracture propagation and deeper weathering (Lawrence et al., 

2013; Heggheim et al., 2005). Efficient percolation through pores is catalysed by salt 

intrusion dissolution (Lawrence et al., 2013; Cardell et al., 2003). Upper unsaturated 

zones of chalk are also susceptible to rainfall intensive weathering (Ireson et al., 

2009; Robinson and Jerwood, 1987). The corrosive chemical composition of chalk 

also creates an avenue for weathering by H2CO3, in addition to fine grained matric 



 31 

enhancing weatherable surface area (Duperret et al., 2005; Mumallah, 1998). This is 

especially a risk in northern latitude seas as the dissolution of CO2 is greater, thus a 

lower pH of the seawater (Prentice et al., 2001). Enhanced by the sensitivity to 

perturbation, increasing response of weathering to increased atmospheric CO2 

(Gaillardet et al., 2019). 

 

Soft sedimentary composition of wave-cut platforms also appeals to burrows and 

other littoral zone species, resulting in down-wasting bioerosion (Naylor and Viles, 

2002). Respiration also creates corrosive environments, enhancing chemical 

weathering in porewaters (Andersson, 2015).  

 

1.4.3 Current Observations 

Although these processes make continental shelf sediments biogeochemically active 

(Thompson et al., 2017), identifying a current geochemical signal from coastal 

weathering is complex. Field observations alone lack accuracy due to high mixing 

and various tidal and biological cycles (McGrath et al., 2016; Andersson, Bates and 

Mackenzie, 2007). More accurate measurements such as those taken on ships are 

also redundant for coastal studies, as shallows restrict ship access (Kiditis et al., 

2012; McGrath et al., 2016; Duarte et al., 2013; Kapsenberg et al., 2017; Bauer et 

al., 2013). Although mostly used for biological response (Blondeau-Patissier et al., 

2014), carbonate weathering signatures have also been observable using remote 

sensing methods (Shutler et al., 2019). However, as it is in its infancy, this method 

used to measure ocean chemistry is controversial in its accuracy (Aurin and 

Dierssen, 2012). 
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Therefore, chalk weathering and dissolution investigations are mostly limited to lab 

experiments, at the expense of capturing environmental influences (Ireson et al., 

2009). Lab dissolution rates of 7.7x10-4 mol m-2s-1 have been observed but carry bias 

of a controlled environment (Peng et al., 2016). Field measurements in controlled 

environments can add to lab experiments with insight of some external influence. 

Observations from chalk aquifers show dissolution rates to range from 3x10-6 – 6x10-

5 mol m-2 s-1 (Bourdon et al., 2009). These rates are comparable to those observed 

in deep sea sediment environments, inclusive of 30% biogenic carbonate, producing 

bulk dissolution rates of 4x10-7 - 2x10-6 yr-1 (units of g/g/yr) (Maher, DePalo and Lin, 

2004).  

 

Few field studies have been undertaken to account for a biological influence, 

however due to accessibility of field stations and priority of research, such carbonate 

weathering rates are biased to tropical carbonate environments (Kwiatowski et al., 

2016; Kline et al., 2015; Price et al., 2012; Yates et al., 2007). Although studies 

provide detailed carbonate chemistry data, reefs differ in type, rate and volume of 

Ca2+ produced, and exist in relatively lower energy systems than coastal carbonate 

weathering sites.  Weathering tends to instead come from biological pressures for 

example bleaching events, as opposed to physical weathering (Wizemann et al., 

2018; Perry et al., 2014). Hence, extrapolations from reef environments likely apply 

underestimations and geographical bias of carbonate weathering and dissolution 

used in a variety of models, especially given the limited temporal range of data 
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(Cummings et al., 2011; Morse, Andersson and Mackenzie, 2006; Andersson et al., 

2003, 2005).  

 

Some studies exploring discharge from rivers commonly make assumptions that 

homogenise lithology influences (Clargo et al., 2015; Krumins et al., 2013). Variable 

coastal erosion, weathering, bioturbation and human influence have also been 

frequently omitted, contributing to the underestimations of rate and volume of CaCO3 

supply (Emerson and Hedges, 2006). Some studies that have prioritised lithology 

show limestone is able to weather 10 times faster than granitic lithology (Meybeck, 

1986). (Gaillardet et al., 2019) review carbonate run-off observations and 

relationship with temperature, exposing a peak for temperate climates (Figure 1.4). 
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In the interest of coastal protection, there is collected measurements of coastal 

erosion, including those at carbonate sites. Measurements have been taken to 

quantify bioerosion, general retreat and event scale erosion loss at carbonate coasts 

across NW Europe (Figure 1.4). Unlike other studies, measurements at coasts have 

revealed active background rates of bioerosion capable of removing 40% of rock 

surface (Moore and Shedd, 1977), the role of acid rain able to dissolve 2.79% of 

surface (Mulec and Prelovsek, 2015), and the role of freeze-thaw weathering 

influencing loss of ~5% of surface (Robinson and Jerwood, 1987; Letortu et al., 

Figure 1.3; Carbonate Weathering with Temperature  

CaCO3 weathering intensity relationship with latitudinal temperature ranges, 
using GLORICH database and Large River data from (Gaillardet et al., 1999). 
Figure adapted from (Gaillardet et al.,2019). 
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2019). While average volume loss of >50000m3 occurs from an erosion events (in 

Northern Europe), demonstrating a scale of erosion/weathering incomparable to 

studies aforementioned (Bowman and Take, 2014). These measurements are still 

sparse and difficult to relate to weathering, omitting detail of the transformation of 

eroded cliff.  

 

 

Figure 1.4; Chalk Cliff Erosion  

Figure shows various observation from NW Europe chalk cliffs and their captured volume loss from erosion 

events (1943-2012). Data sourced from (Bowen and Take, 2014). 

 

Observations have also been sought in geoengineering efforts, hypothesising 

addition to crushed carbonate to alkalise the ocean (Bach et al., 2019; Renforth and 
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Henderson, 2017; Taylor et al., 2015). Although geoengineering proposals are 

countered by spatial scale, global commitment and sustainability limitations (Feng et 

al., 2016), there has been a drive to experiment with CaO and olivine weathering 

(Paquay and Zeeb, 2013; Montserrat et al., 2017). Although methods are still 

controversial, it has heightened importance of carbonate weathering observations 

and understanding given its potential (Lenton and Vaughan, 2009). 

 

Resultantly, there are deficiencies in global coastal carbonate weathering data 

(Duarte et al., 2013; McGrath et al., 2016). Although there is an argument that 

ocean-wide data is more valuable for understanding OA response importance 

(Caldeira and Wickett, 2003; Mackenzie, Ver and Lerman, 2000), it is increasingly 

apparent that the responses are especially variable for coasts, currently not captured 

in climate models (McGrath et al., 2016; Bauer et al., 2013). Variability in coastal 

weathering, which is currently represented as a constant global variable, could mean 

important influences are not quantified (Baldry, Mountford and Greenwood, 2017; 

Andersson, Mackenzie and Lerman, 2005).  

 

1.5 Project Rationale 

1.5.1 Originality and Justification  

This project seeks to shed light on uncertainties from lack of observations and 

relational understanding that limits much of the application of carbonate weathering 

in past and future resilient studies. This is motivated from initial research for a novel 

undergraduate dissertation, exploring field and modelled carbonate coastal 

chemistries for alternate geologies. Upscaling to investigate carbonate coastal 



 37 

geology influence on regional-global scales has only been implied to have 

biogeochemical influence, but such a study has not been done (to author’s 

knowledge). Few studies give carbonate geology significance, in addition to a 

relative absence of literature exploring the response of this process to geological and 

anthropogenic pressures (Zeng, Liu and Kaufmann, 2019). This project will therefore 

be unique in the way it will pair geochemical signature with coastal geology and 

explore ways it will influence carbon and climate system resilience.  

 

This research is important not only to understand the controls of recovery from past 

dramatic Earth system changes, but also to help inform what will be controlling the 

resilience for the future and if in any way this can be influenced. This has potential to 

refine timescales of recovery which help inform policies, preparedness and 

contribute to geoengineering feasibility insight (Legge et al., 2020). Slow processes 

need to be integrated into climate sensitivity analysis for there to be relevance to 

current climate policy (Royer, 2016). This is especially key for an expected increase 

of 50-500ppm CO2 by end of century, thus imperative to increase understanding of 

deep-time changes and currently poorly resolved feedbacks, as they provide the only 

way to observe the complete Earth system responses to these changes (Hayhoe et 

al., 2017; Royer, 2016).  

 

Rapidity of changes in response to anthropogenic forcing’s have already triggered 

ocean ecological deterioration and chemical imbalances and compromised many 

regulatory feedbacks as they advance tipping points (Lenton et al., 2019). However, 

a common omission in assessment of Earth system responses is the dynamism of 



 38 

coastal erosion and weathering (Cozannet et al., 2019), specifically of chalk 

coastlines and exposed land masses. As well as seeing dramatic chemical changes, 

significant carbonate uplift has occurred in geologically recent time (Gale and Lovell, 

2018). This resource of weatherable CaCO3 rock in addition to enhanced weathering 

processes with climate change may provide an additional resilience to the carbon 

cycle and the ocean ecosystem. Previous studies have alluded to the erosion inputs 

from coasts having a role at geochemically stabilising the carbon balance in the 

oceans but have yet to explicitly capture the role of carbonate coasts, their rates of 

influence and the strength of stabilisation.  

 

This study will therefore assess the relative role of the carbonate coasts as a carbon 

system stabiliser, and how significant its influence was in the past and how 

significant it will be in the future at amplifying system resilience to future changes in 

climate and carbon cycle dynamics.  

 

1.5.2 Aims  

• Test the sensitivity of the Earth System to a range of carbonate weathering 

rates 

• Explore the relative geochemical weathering influence along with other 

cooperating influences a during past climate event, namely the PETM 

• Examine the differences in environmental settings between present and past 

events, and evaluate whether current settings allow for future additional 

resilience  
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2. Methodology 
This chapter will elaborate on the tools used for analysis, and how the model 

analysis was designed. 

2.1 cGENIE 

cGENIE is a Fortran-based carbon cycle Grid Enabled Integrated Earth system 

model of Intermediate Complexity (EMIC). The model has the capacity to simulate 

complexities of the Earth system by modelling different components in isolation or 

together e.g. oceans, atmosphere, sediments etc., coupling 2D and 3D zonal 

atmospheres and oceans to account for biogeochemical cycles of elements and 

isotopes (Ridgwell et al., 2007). The model also has an additional deep-sea 

sediment module (SEDGEM) accounting for carbonate burial and preservation. This 

module represents carbon cycling in sediments which regulate the saturation, 

CaCO3 dissolution and aerobic respiration and can produce sediment cores of burial 

and compositions (Figure 2.1). This module has been refined and extensively 

explained by (Ridgwell and Hargreaves, 2007; Ridgwell, 2007). The model also 

incorporates a RokGeM module to support carbon cycling and terrestrial rock 

weathering. Fluxes of alkalinity and DIC are routed to coastal oceans as a result of 

silicate and carbonate rock weathering (Greene et al., 2019). Weathering in the 

model is commonly applied as a function of temperature (Colbourn et al., 2013). 

Schematic of modules shown below (Figure 2.2). 
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Figure 2.1; SedGEM Schematic  

Diagram of the sediment module configuration and carbonate cycling 
relationship. Comprises of (1) Plankton calcification and surface ocean export 
(2) Biogenic CaCO3 dissolution in water column (3) Surface sediment CaCO3 
dissolution (4) Sediment burial of accumulated and preserved CaCO3 (5) 
Terrestrially weathered solute supply to ocean. Also highlighted is calculation 
of surface layer CaCO3 accumulation/dissolution and bioturbation mixing 
layers. Adapted from (Ridgwell 2007). 

Figure 2.2; cGENIE Modules  

Diagram showing the varius modules in cGENIE. Highlighted bold are 
RokGem and SEDGEM discussed in this section. Highlighted blue is 
Biogem which has predominantly been used for outputs of marine 
biogeochemistry results. Adapted from (Colbourn et al., 2013) 
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Embedded in the model is an array of possible paleogeography and bathymetry 

configurations, added over successive development. Each configuration comes with 

pre-defined conditions of the specific scenario/world being modelled. This project 

uses a new configuration of a ‘FAKE’ world, by where there is a continental 

configuration of averaged relief across a 18x18 grid. The ocean depths are averaged 

to correct volume, then border either side by linear landmass. This configuration 

allows for different depths of continental shelf.  

 

 

2.2 Model Simulations  

Experiments were undertaken to explore the sensitivity and influence of enhanced 

Carbonate weathering for different scenarios. Following similar methods to 

Hargreaves and Ridgwell (2007), an initial 50kyr spin-up was run under a “closed” 

system to force the ocean-atmosphere carbon cycle to a prescribed CO2 (pre-

industrial: 278 ppm). A global-averaged weathering rate of 10x1012 mol Ca2+ yr−1 

was used to track predicted responses and equilibrium of carbonate chemistry, 

without a CO2/climate response. A second 50kyr spin-up of an “open” system was 

also run, with climate and CO2 now able to respond to changes induced by set 

weathering rate (10x1012 mol Ca2+ yr−1). Unlike similar open study systems (Greene 

et al., 2019; Archer et al., 2009; Colbourn, Ridgwell and Lenton, 2013), carbonate 

weathering is not temperature-dependent and is instead forced to produce a 

temperature response. Equilibrium and fixed CO2 content then decided a closed 

system spin-up would be most appropriate to run following simulations from.  
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Next, 20kyr ensembles from the closed-system spin-up used different weathering 

rates for open and closed systems, to identify how the spun-up equilibrium state 

differs with varying regulatory CaCO3 weathering. The weathering rates applied were 

changed to 2, 5, 15 and 20, in addition to the default global average value of 10 

(x1012 mol Ca2+ yr−1). Set weathering rates were used to represent a range of 

environmental conditions (Table 1), instead of applying a rate diagnosed from burial 

flux (Greene et al., 2019).  
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Table 1; Weathering Rate Justification  

Table showing the weathering rates used in this analysis (shaded blue) and where these have been refined from 

similar values in the literature (shaded grey). 

Weathering rate applied (x1012 mol 

Ca2+ yr−1) 

Justification 

2 20% of average rate, to represent 

exceptionally low weathering 

environment and capture lower 

extremes for relativity. 

5 50% of average to represent reasonable 

low weathering environment. 

10  Average global rate used in cGENIE 

(Ridgwell, 2007). 

15 Used to represent reasonably high 

weathering environment, striking a 

median of rates discussed below. 

20 Double average rate to represent upper 

limit extreme of a high weathering 

environment, assuming previous high 

estimates underestimations. 

12 Rate from (Morse and Mackenzie, 

1990), also used in LOSCAR model 

(Zeebe, 2012). 

12 LGM weathering rates (Simmons, 

Myask and Matthews, 2016). 

24 Carbonate weathering from average 

carbon fluxes (Shields and Mills, 2017) 

 

A PETM style CO2 pulse was applied using similar event characteristics to Erba et 

al., (2010) and Panchuk, Ridgwell and Kump (2008). CO2 forcing was changed and 

scaled to force a 45000PgC pulse for 10,000 years of the simulation. Further CO2 

pulse experiments were adapted from IPCC RCP6 and RCP8.5 scenarios, using 

data from Meinhaussen et al (2011) (Figure 6.A), which was scaled to a rate 

applicable to force in the model (Table 2). Ensembles for timescales of pulse and 

amount of CO2 released were adapted from other cGENIE experiments assessing 
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carbon cycle responses (Ridgwell, 2007; Ridgwell and Hargreaves, 2007; Greene et 

al., 2019). 

 

Table 2; Scenario Forcing  

Table showing the carbon forcing, duration and full run duration. 

Scenario Name Forcing (PgC) Forcing Duration 

(years) 

Simulation 

Duration (years) 

RCP 6 1000 1000 20,000 

RCP 8.5 4500 1000 20,000 

PETM 45000 10,000 80,000 

 

Additional experiments were also undertaken to test relative strength of weathering 

rates against other enhancing features. Bioturbation was switched on to assess the 

effect on carbonate chemistry and sediments similar to experiments by Panchuk, 

Ridgwell and Kump (2008). Sensitivity runs were also started from a new 50kyr 

equilibrium spin-up using an open simulation using 20 x 1012 mol CaCO3 yr-1 

weathering rate. With this, the impact of a higher starting CaCO3 composition (wt%) 

could be assessed on systems with different weathering states. Additional 20kyr runs 

were undertaken using the higher weathering 50kyr spin up, apply all 5 weathering 

rates. All model runs are outlined in (Table 3). 
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Table 3; Experiment Details 

 Table shows the included features of all model runs undertaken for this analysis. 50kyr spin ups were used to set 

up a new stabilised starting environment, then tested for weathering rate sensitivity for 20kyrs. Table also shows 

what weathering rates were tested for a range of perturbation experiments and sensitivity analysis. Instances 

when the forcing had to be changed is also noted. Total number of runs for type of experiment are shown in final 

column. 

 

 

All graphed outputs were taken from the BIOGEM module. Graphs were plotted and 

analysed in Matlab. SedGEM outputs were saved as netCDF files. The data was 

analysed and displayed using Panoply (https://www.giss.nasa.gov/tools/panoply/), 

against the sedimentary topography of the configuration (Figure 6.B). Simple 

statistics (average, ranges, medians) were calculated in Microsoft Excel and Matlab. 

Linear regression statistics were obtained and presented from Matlab for several 

variable combinations. From this, outputs of significance, error and regression were 

also obtained. Reference to weathering rate will be communicated as ‘2W’, ‘5W’, 

‘10W’, 15W and ‘20W’. 

  

https://www.giss.nasa.gov/tools/panoply/
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3. Results  

3.1 Ensemble 1: Sensitivity to CaCO3 weathering  

Temperature (Figure 3.1)  

Clear temperature variation exists between different weathering rates for an open 

system, ranging by 2.4°C. The lowest weathering rate (2W) increases by 1.4°C over 

the 20000 years, the highest weathering rate (20W) decreases by -0.9 °C. 15W 

shows a tight temperature range to 10W; 0.16°C less than 10W but 0.92°C more 

than 20W by the end of the simulation. Ocean temperature mirrors these weathering 

temperature trends. Ocean temperature is smaller than atmospheric (1.7°C). 

Maximum temperatures in the ocean are 3.6°C higher than atmospheric. For a 

closed system, the temperature range is limited as induced by the model to maintain 

a constant pCO2. No distinct trend is visible for each weathering rate. Temperatures 

fluctuate around an average 11.7°C (atm) and 15.8°C (ocean). 

 

pCO2 (Figure 3.2) 

Atmospheric pCO2 reflects the same trends as temperature change for weathering 

rates, ranging by 1.6 x10-4 (atm). 10W and 15W follow a tight, relatively stable trend 

around 2.8 x 10-4 (atm) while 5W and 2W increase by 20% and 32.4% respectively, 

and 20W decreases by 20.6%.  For sea-to-air pCO2 flux, 2W-10W follow a 

decreasing trend from starting values ranging between 1.15 x 1012 to 2.66 x 1012. 

15W and 20W have an increasing trajectory, from 3.25 x1010 and -7.21 x1011 

respectively. 15W has a concave trend, increasing at a relatively stable average rate 

of -4.93 x107 yr-1. 20W increases by 142% during the first 10000 years, followed by a 

remaining average rate of 1.9 x107 yr-1. All weathering rates except 15W finish the 
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20kyr on a flux ~0. 15W finishes at -1 (mol yr-1), a change of 9.86 x1011 across 20kyr. 

The maximum change of 1.98 x1012 was for 2W, while the minimum was for 20W at 

6 x1011. For a closed system, flux values range between 6 - -6, with all weathering 

rates equally split in flux response that follows a trend to 0 flux, highest fluxes are 

observed for the lowest weathering rates. Small instances of variability are notable 

for the last 10,000 years of the simulation for 2W and 5W, values ranging by 

1.98x1012 and 1.07x1012 respectively.  

 

Carbonate Sediments (Figure 3.3) 

Mean CaCO3 composition ranges 37.8% more for an open than closed system. Both 

systems demonstrate lowest wt% for lowest weathering rate. An end value difference 

of 9.07wt% exists between 5W-10W in an open system, while the difference is only 

5.06wt% between 10W-15W. The difference between 15W-20W is 35% higher than 

this. Only 20W and 15W increase in CaCO3 composition for a closed system. Ocean 

to CaCO3 sediment fluxes 20kyr fluxes range by 4.01x1012 mol yr-1 for an open 

system and 1.33x1012 mol yr-1 for a closed. The most range is shown by 2W, also 

shown by 20W which ranges by 3.87x1011 in ocean-sediment CaCO3 flux peaks. 

 

Ocean Chemistry (Figure 3.4) 

For an open system, pH ranges between 7.9 and 8.1 which is 90% greater than the 

range for a closed system. Both open and closed follow the same order of 

weathering rate trends, however for an open system 15W and 10W are closer in pH 

relative to 5W and 20W, whereas a closed system shows weathering trends spread 

by equal magnitude across the range of pH. For an open system, 20W increases by 
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0.096 pH, demonstrating similar to the inverse trends for 2 and 5 (-0.145 and -0.091 

respectively). For both systems, 15W and 20W are the only trends exhibiting an 

increase. 15W and 20W are also the only to increase for DIC, with all rates 

demonstrating a variable stepped profile, whereas 10W is relatively stable. For an 

open system, 15W and 20W overlap in trends, initially 15W is higher than values for 

20W, but for the latter 10,000 years 20W continues an increasing trajectory finishing 

the 20000 years with a DIC 0.9% higher than 15W. This differs to a closed system, 

where 15W is a median between 20W and 10W trends. A closed system also has a 

76.4% larger range. 

 

50kyr Comparison (Figure 3.5) 

For mean CaCO3 composition changes, a closed system stabilises earlier and less 

dramatically than an open system. A closed system decreases by -5.34x10-4 yr from 

4ky after initial faster decrease of -7.47x10-3 yr-1, whereas for an open system the 

rate from 4kyr is 0.6% higher. Both finish simulation at equilibrium states 15.7 wt% 

(open) and 21.3 wt% (closed). pCO2 increases throughout simulation, except for a -

1.33% decrease from 20 years to 105 years. The increase rate of 4.78x10-9 yr-1, 

finishes the simulation with a pCO2 58% higher than the forced 2.78 x10-4 

concentration in a closed simulation. Atmospheric temperature stabilises relatively 

quickly for an open system, equilibrating at 14°C at year 27000. By the end of 

simulation, temperature is 20.25% higher than a closed system. Open system 

temperature decreases by 2.9°C between years 120-900, then increases to its stable 

state. 
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Figure 3.1; Ocean and Atmospheric Temperature: Open vs Closed  

Figure shows both ocean and atmosphere temperature responses to different weathering rates under open and closed systems. (A) 
Atmosphere response, open (B) Atmosphere response, closed (C) Ocean response, open (D) Ocean response, closed. 

D
 

C
 

B
 

A
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Figure 3.2; pCO2 Flux: Open vs Closed  

(A) shows the sea-to-air transfer flux of pCO2 response for different weathering rates (B) Shows the 
same for a closed system which demonstrates where CO2 flux needs to be to maintain constant 
atmospheric CO2 (C) shows the atmospheric pCO2 response for different weathering states in an open 
system. 

C
 

B
 

A
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Figure 3.3; CaCO3 Sedimentary Responses: Open vs Closed  

(A) and (B) show the mean CaCO3 sedimentary composition responses to open and closed systems 
respectively, with applied range of weathering rates. (C) and (D) show the ocean-to-sediment CaCO3 flux 
response for same weathering rates, for open and closed systems respectively. 
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Figure 3.4; pH and DIC Responses: Open vs Closed  

Figure shows pH and DIC responses to range of weathering rates under open and closed systems. (A) and (B) 
show pH responses under open and closed systems respectively. (C) and (D) show DIC responses to open and 
close d systems respectively. 
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Figure 3.5; 10W Spin-Ups: Open vs Closed  

Figure shows a comparison of the carbonate and climate states after 50kyr spin ups with 10W, for both open and closed systems. (A) shows the response 
of CaCO3 sedimentary composition (B) Atmospheric pCO2 (C) Atmospheric Temperature. 

A 

C 

B 
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3.2 Relational Statistics 

(Figure 3.6) shows regressions for the relationships between pH and pCO2 which all 

show very high (0.991-0.999) R2 values, the lowest for 10W. RMSE decreases with 

increasing weathering rate to 15W, ranging from 0.00174 (2W) to 0.000537 (15W), 

then increases for 20W to 0.000838. M value decreases as weathering rate 

increases, decreasing by -389.9 from 2W to 20W. 

Regressions for the CaCO3 to pCO2 relationships (Figure 3.7) also show high R2 

values, again lowest for 10W at 0.932. These R2 values are on average 0.02 lower 

than those for the R2 for pH and pCO2. Aside from the minimum at 10W, R2 

decreases with increasing weathering rate, ranging from 0.988 (2W) to 0.978 (20W). 

SE increases with increasing weathering rate, while RMSE reaches its highest 

values for the lowest (2W) and highest (20W) weathering rates; 0.523 and 0.681, 

respectively.  

All relationships tested were of significance <0.05 p value.  
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WEATHERING 
RATE 

M VALUE SE RMSE R2 

2 -1416.5          2.6649     0.00174 0.998 

5 -1484.6 1.8195     0.000734 0.999 
10 -1497.7 6.4702     0.000427 0.991 
15 -1722.3          2.8807     0.000537 0.999 
20 -1806.3 2.2243     0.000838 0.999 

 

15W 

Figure 3.6; pH and pCO2 relationships  

Figure shows the regression relationships between pH and pCO2 and how this varies with weathering rate. Points are plotted along ordinary least 
squares regression line. Table details additional statistical outputs. 
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WEATHERING 
RATE 

M VALUE SE RMSE R2 

2 -1.6142e+05      800.84     0.523 0.988 

5 -1.7825e+05      570.69     0.23 0.995 
10 -1.8278e+05 2217.4     0.146 0.932 
15 -2.4527e+05      1239.4     0.231 0.987 
20 -2.7136e+05      1807.7     0.681 0.978 

 

Figure 3.7; CaCO3 Composition and pCO2 relationships  

Figure shows the regression relationships between CaCO3 sediment composition and pCO2 and how this varies with weathering rate. Points are 
plotted along ordinary least squares regression line. Table details additional statistical outputs.  



 57 

3.3 Ensemble 2: Weathering Strength Against CO2 Pulse 

3.3.1 RCP6 

pCO2 and Temperature Response (Figure 3.8) 

Clear differences exist for the pCO2 response across all weathering rates, shown by 

an end-simulation range between ~5x10-4 atm - ~2.6x10-4 atm. During the first 4kyr 

after pulse end, all decrease by rates ranging from -2.02x10-8 yr-1 (atm) (2W) to -

3.63x10-8 yr-1 (atm) (20W). From 4kyr 2W starts an increase trajectory at a rate of 

2.65x10-9 (atm) yr-1, while all other rates continue to decrease. 20W decreases at the 

fastest rate of -1.12x10-8 (atm) yr-1. pCO2 finishes on higher concentrations than 

ensemble 1 for lower weathering rates but relatively similar for higher rates. 

Sea to Air pCO2 flux decreases at an average rate range of -4.27x1010 mol yr-2 (2W) 

to 4.63 x1010 mol yr-2 (20W) during the event. Post-event recovery to no-net-flux 

staggers between weathering rates, achieved at years 3500 for 2W, then 19000 for 

20W. Relative to ensemble 1, lower fluxes are present across all weathering rates for 

RCP6 forcing.  

Temperature decreases immediately across all weathering rates after event end, 

decreasing at a rate range of -1.86x10-4 °C (2W) – 4.11 x10-4 °C (20W) for 3.5kyr. 

Post this, 2W increases to an end simulation maximum of 14.32 °C. 10-20W 

decrease to a final temperature range of 12.76°C – 11.56°C respectively, while 5w 

remains relatively stable at a T of ~13°C. Compared to ensemble 1, temperatures 

are on average 1.4 °C higher.  

 

Sediment and Carbonate Chemistry Response (Figure 3.9) 
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CaCO3 decreases by a range of 42% (2W) to 32% (20W) over the 1kyr event. From 

year ~2000 10W, 15W and 20W increase by 7.7 wt%, 14.8 wt% and 21.4 wt% 

respectively across the remainder of the run. 20W and 15W end with compositions 

18.3% and 56.7%, higher than starting composition, respectively. 2W and 5W 

decrease, similar to that without a forcing. Overall, trends are more positive but cover 

less of a range than ensemble 1.  

Ocean to sediment CacO3 fluxes demonstrate a stepped decrease during event, 

resulting in minimums ranging from 6.28x1013 mol yr-1 (2W) to 6.72x1013 mol yr-1 

(20W). After the event all increase to maximum at year ~3000. 20W does so first but 

has a maximum value 0.03% less than 15W and 10W. All rates but 2W finish at a 

flux of ~ 7x1013 (mol yr-1), while 2W decreases throughout the remainder of the 20kyr 

finishing at a flux of 6.64 x1013 (mol yr-1). 

pH trends increase from event end at rate ranges of 4.03x10-6 pH yr-1 (5W) to 

1.36x10-5 pH yr-1 (20W), while 2W decreases from 3000 years. After 20000 years 

2W pH is only 0.24% more than event minimum pH (7.78). 15W and 20W surpass 

starting pH, 20W reaching a maximum of 8.08 by end of 20kyr, a 0.75% increase. 

Event minimums range from 7.78 (2W) to 7.83 (20W). 

DIC trends for 10W, 15W and 20W all continue to increase immediately after event 

end. 5W follows a stable trend while 2W decreases by -1.09%. During event, all 

increase by a rate range of 3.22x1016 mol (2W) to 5.64x1016 mol (20W). By year 

20000, all DIC trends are higher than starting DIC, most for 20W which is 8.9% 

higher than it’s starting DIC.  
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3.3.2 RCP8.5 

pCO2 and Temperature Response (Figure 3.10) 

By the end of event, pCO2 increased by an average of 514% across all weathering 

rates. Descent after event happens the fastest for the highest weathering rate at -

5.95x10-8 atm yr-1. pCO2 ranges by 6.32x10-4 atm at 20000 years. Unlike the RCP6 

experiment, no weathering rate achieves a return to start pCO2, with the lowest pCO2 

(20W) still 2.59x10-4 atm higher than starting pCO2. pCO2 reaches a peak 3.2 times 

higher than that for RCP6.  

Sea to air pCO2 flux decreases to a minimum of ranging from -1.28x1014 mol yr-1 

(2W) to -1.39x1014 mol yr-1 (20W). This occurs mid-way through event (500 years), 

after which there is an increase until end of event. From a flux of ~-1.20x1014 mol yr-1 

there is an increase to values around 0 during a 4000-year duration. 15W and 20W 

remain the lowest by end of simulation at -3.10x1012 mol yr-1 and -2.56x1012 mol yr-1 

respectively, while 2W fluctuates around 0 by 2.56x1012 mol yr-1. Reaching 0 flux 

takes 1000 years longer than RCP6.  

No weathering rate returns to starting temperature by end of simulation. Peak 

temperature occurring at end of event reaches 19.6°C (2W). All rates decrease after 

event end, however 2W stabilises from 5000 years at 18°C. 20W decreases by -

4.6°C from event peak, to 14.7°C. Relative to RCP6, temperatures finish on average 

3.6°C higher for RCP8.5.  

 

Sediment and Carbonate Chemistry Response (Figure 3.11) 

CaCO3 composition decreases to ~3 wt% for all weathering rates by end of event, an 

average 80% decrease over 1000 years. Post event composition continues to 
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decrease for 800 years, to minimums ranging from 0.92 wt% (2W) to 2.1 wt% (20W). 

Composition remains relatively stable for all rates until 10000 years, and 20W 

dramatically increases by 1.3x10-2 wt% yr-1 until end simulation, finishing at 

composition 17.4wt%. 15W follows a similar increase 2500 years later finishing at 

9.1wt%. CaCO3 composition is unable to return to original levels and is on average 

60% less than final RCP6 values.  

Ocean to sediment CaCO3 flux returns to, and exceeds, starting values for 20W and 

15W. End-event minimums range from 2.64x1013 mol yr-1 (2W) to 2.95x1013 mol yr-1 

(20W), and are then followed by relatively rapid increase in the 5000 years after 

event end ranging in rates of 3.76x109 yr-2 (2W) to 7.29x109 yr-2 (20W). Post this, 2W 

stabilises at 4.24x1013 mol yr-1, while all other fluxes increase. Ranges of ocean-

sediment CaCO3 are on average greater by 3.75x1013 mol yr-1 greater than for 

RCP6.  

pH and DIC follow a similar trend to ocean-sediment CaCO3 flux, also demonstrating 

a post-event 5000-year faster increase, followed by a large ranging increase for all 

but results for 2W. pH decreases by an average 8.38%. By event end no trends 

return to original pH. 20W achieves a pH after 20000 years, 2.5% lower than that for 

RCP6. DIC however increases through pre- to post-event, increasing by an average 

rate of 1.31x1014 mol yr-1 during event, to a maximum rate (20W) of 2.47x1013 yr-1 

post-event.  

 

3.3.3 PETM 

pCO2 and Temperature Response (Figure 3.12) 
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During the 10,000-year event, increases in pCO2 for different weathering rates 

diverge to an end event range of 3.69x10-4 atm. For the remaining 70kyr, 2W 

remains relatively stable at 1.2x10-3 atm, while other weathering rates decrease in 

pCO2. 20W decreases at a rate of -6.44x10-9 atm yr-1. By 40kyr pCO2 for 20W and 

15W stabilises at 4.54x10-4 atm 5.05x10-4 atm respectively. 

Similar trends are produced for temperature change; maximum temperature at the 

end of event range from 18.3°C (2W) to 16.9°C (20W). Post event, 20W decreases 

to stabilise from 40kyr at 13.9°C. 2W instead decreases only by 0.4°C over 1000 

years, then increases again to 18.5°C.  

Sea-to-air pCO2 flux decreases during the 10kyr event, ranging from -1.76x1013 mol 

yr-1 (2W average) to -2.43x1013 mol yr-1 (20W average). Post event, all rates 

increase to 0, met first by 2W at 11200 years to 34000 years for 10W. 5W-20W 

stabilise and fluctuate around 0 for the remaining duration, while 2W increases to a 

peak of 2.57x1013 mol yr-1 at 12000 years, before decreasing again 1000 years later 

to 0.  

 

Sediment and Carbonate Chemistry Response (Figure 3.13) 

CaCO3 decreases during event at a rate range of -1.91x10-3 wt% yr-1 (2W) to -

1.68x10-3 wt% yr-1 (20W). A minimum CaCO3 composition of 2.07 wt% is reached at 

event end by 2W. Post event CaCO3 rapidly increases for rates 20W-10W, however 

there is a lag before the sharp gradient for weathering rates 15W and 10W. 20W 

increases by 1.07x10-3 wt% yr-1 for 22000, which continues until simulation end at  a 

rate of 5.33x10-5 wt% yr-1. 20W and 15W both finish on compositions 45.2% and 

3.4% higher than starting composition, respectively. Of all outputs for PETM in 
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displayed figures, CaCO3 is the only trend whereby 5W is unable to increase to 

values closer to 10W than 2W.  

End event ocean to sediment CaCO3 flux decreases to a range from 6.06x1013 mol 

yr-1 (20W) to 3.76x1013 mol yr-1 (2W). Post event, 20W increases the fastest at a rate 

of 1.61x109 mol yr-2 for 8000 years after event, before stabilising at a flux of 

7.36x1013 mol yr-1 from 48000 years. 2W increases at the slowest rate of 6.39x107 

mol yr-2 after event. Maximum flux of 7.53x1013 mol yr-1 is reached at year 22000 by 

20W. Rates 20W, 15W and 10W all achieve fluxes higher than starting flux.  

During event, pH decreases by a range of -0.56 pH (2W) to -0.38 pH (20W). 20W 

increases by 0.32 pH from event minimum. No rate is able to return to starting pH. 

DIC increases relatively rapidly during event. Post event, 2W reduces in its rate of 

increase by 97%, while 20W maintains high rates until stabilising from 40kyr.  
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Figure 3.8; RCP6: pCO2 and Temperature Responses  

(A) shows the pCO2 response to an RCP6 forcing under various weathering rates (B) shows the same for sea-
to-air pCO2 flux (C) is the atmospheric temperature response. Bold vertical line on graphs at year 1000 to 
represent forcing end. (B) dotted line partitions ocean sink/source. 

A
 

C
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Figure 3.9; RCP6: Carbonate Chemistry Responses  

(A) Shows the sediment carbonate composition response to RCP6 forcing under different weathering rates (B) Ocean to 
sediment CaCO3 flux (C) pH response and (D) DIC response. Bold line at year 1000 represents end of forcing event. 
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Figure 3.10; RCP8.5: pCO2 and Temperature Responses 

(A) shows the pCO2 response to an RCP8.5 forcing under various weathering rates (B) shows the same for sea-
to-air pCO2 flux (C) is the atmospheric temperature response. Bold vertical line on graphs at year 1000 to 
represent forcing end. (B) dotted line partitions ocean sink/source. 
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Figure 3.11; RCP8.5: Carbonate Chemistry Responses  

(A) Shows the sediment carbonate composition response to RCP8.5 forcing under different weathering 
rates (B) Ocean to sediment CaCO3 flux (C) pH response and (D) DIC response. Bold line at year 1000 
represents end of forcing event. 

C
 

D
 

B
 

A
 



 67 

  

Figure 3.12; PETM: pCO2 and Temperature Responses  

(A) shows the pCO2 response to a PETM forcing under various weathering rates (B) shows the same for sea-
to-air pCO2 flux (C) is the atmospheric temperature response. Bold vertical line on graphs at year 10000 to 
represent forcing end.  
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Figure 3.13; PETM: Carbonate Chemistry Responses  

(A) Shows the sediment carbonate composition response to a PETM forcing under different weathering rates 
(B) Ocean to sediment CaCO3 flux (C) pH response and (D) DIC response. Bold line at year 10000 represents end 
of PETM event forcing. 
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3.4 Ensemble 3: Bioturbation Sensitivity Analysis 

Bioturbation on average causes increases for lower weathering rates (2W, 5W, 10W) 

and decreases for higher weathering rates (15W, 20W). The highest difference from 

bioturbation is apparent for CaCO3 composition, which it differs most for 2W (20% 

higher with bioturbation) (Figure 3.16). Bioturbation only causes a positive difference 

for pCO2 for 20W, while for other weathering rates bioturbation creates a negative 

difference (Figure 3.15). Bioturbation reduces pH reduction most for 2W, while for 

15W and 20W, pH is lower with bioturbation on (Figure 3.14). 
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Figure 3.14; Bioturbation Influence: pH  

Figure shows how pH varies with the addition of bioturbation processes. Shown to have a greater positive influence for 
lowest weathering and vice versa. 
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Figure 3.15; Bioturbation Influence: pCO2  

Figure shows how pCO2 varies with the addition of bioturbation processes. Shown to have a greater positive influence for highest 
weathering and vice versa. 
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Figure 3.16; Bioturbation Influence: CaCO3 Sediment Composition 

 Figure shows how CaCO3 composition varies with the addition of bioturbation processes. Shown to have a greater positive influence for 
lowest weathering and vice versa. 
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3.5 Reducing Weathering Rate from Higher Initial Rate  

(Figure 3.17) shows a 20W 50kyr spin-up stabilises at a CaCO3 composition of 32.75 

wt%, 54% higher than the equilibrated composition of 10W. pCO2 finishes 50kyr at a 

concentration -26% for 20W relative to 10W, at 3.5x10-4 (atm). 20W equilibrium is 

reached by year 27000. Temperature stabilises at 12.75°C, reaching equilibrium by 

year 9000. 20W differs by -1.36°C relative to 10W.  

 

Applying this spin up to 20kyr experiments with other weathering rates shows 20W 

continuing the equilibrated values from spin up, with other weathering rates deviating 

(Figure 3.18). 2W increased by 68.6% relative to 20W by end of 20kyr, at 5.94x10-4 

atm. Trends of order by weathering rate follow for sea to air pCO2. 10W has the 

largest negative values, with a of minimum -9.45x1011 mol yr-1. By end of 20kyr, 

range between weathering rates is 8x1011 - -2.6x1011 mol yr-1 (2W and 20W 

respectively). Temperature from 20W remains at 12.75 °C.  

 

(Figure 3.19) shows a high starting CaCO3 composition of 32.75 wt%, which all 

weathering rates decrease from. 2W decreases the most at a rate of 1.3x10-3 yr-1, 

but still finishes the 20kyr on a composition 2% higher than that for a lower 

weathering in (Figure 3.3). Ocean to sediment CaCO3 flux increases for all 

weathering rates, the most by 10W peaking at 7.31x1013 mol yr-1. 2W decreases at 

year 10,000, transitioning from an increase trend peaking at 7.23x1013 mol yr-1 to a 

decrease by 2.3x1012 mol yr-1 for the remaining 10,000 years. 15W changes the 

least, stabilising at a flux 7.2x1013 mol yr-1, 8x1012 mol yr-1 higher than 20W. The 

range of pH for higher weathering is 7.7792 – 8.0252 (2W and 20W respectively). 
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DIC mirrors the magnitude of trends, with a range of 2.69x1018 mol – 2.51x1018 mol 

(20W and 2W respectively). 
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Figure 3.17; Weathering Spin-Up Comparison  

Figure shows a comparison between open system spin-ups for initial weathering rates of 10W (red line) and 20W (blue line). (A) 
Sediment carbonate composition response (B) Atmospheric pCO2 response (C) Atmospheric temperature response 
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Figure 3.18; High Initial Weathering: Carbon and Climate Response  

Figure shows pCO2 responses to different weathering rates applied to a spin-up using a higher initial 
weathering rate. (A) pCO2 response (B) Sea to air pCO2 flux response (C) Atmospheric temperature response. 
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Figure 3.19; High Initial Weathering: Carbonate Chemistry Response 

(A) Shows the sediment carbonate composition response to a higher initial weathering spin-up under 
different weathering rates (B) Ocean to sediment CaCO3 flux (C) pH response and (D) DIC response.  
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4. Discussion 
This chapter will discuss the results from the model analysis in the context of current 

discussions in the literature. 

4.1 Relative Strength of CaCO3 Weathering 

CaCO3 weathering is commonly demoted as an unimportant control in the earth 

system carbon regulatory cycle and has not had significant influence at buffering 

ocean chemistry (Andersson, Mackenzie and Ver, 2003). This modelling exercise 

has proved otherwise, that CaCO3 weathering rates do carry strong influence over 

the carbon cycle and its biogeochemical signals. As demonstrated by (Figures 3.1-

3.7) weathering rates create a range of chemical controls and influences.  

 

4.1.1 Controls on Climate 

CaCO3 weathering is frequently argued to not be a significant control on climate and 

CO2 changes on geological timescales, as it is compensated by precipitation and 

therefore in equilibrium on these timescales (Berner and Berner, 2012). It is also 

claimed such weathering operates on long timescales of 0.5-1myr to create influence 

within an observation window, only acting as geologic-scale “weathering 

thermostats” (Gaillardet et al., 2019; Poge von Strandmann et al., 2017). Others 

state the kinetics are too rapid and any signals are diluted (Morse et al., 2006). But 

growing interest and increasing observations have found similar trends to those 

modelled for this project, hence exemplifying an influence is very much visible on 

shorter timescales, to an extent whereby disequilibrium is possible to expose the 

signal (Brenner et al., 2016; Gaillardet et al., 2019; Martin, 2017; McGarth et al., 

2015).  
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As this analysis demonstrates, different weathering rates affect the carbon and 

climate systems. (Figure 3.1) show pCO2 and temperature by range averages of 1.6 

x10-4 (atm) and 2.4°C, in a stable open system, respectively. A high weathering rate 

(20W) is able to reduce pCO2 by 20.6%, which consequently has resulting in a 0.9°C 

drop in atmospheric temperature. This weathering rate is therefore able to draw 

down pCO2 enough to cool the temperature by nearly a degree. Evidence of CaCO3 

induced CO2 drawdown has been observed from the Mackenzie River Basin in 

Canada, showing an increase in CaCO3 weathering responsible for 70% of CO2 

consumption (Beaulieu et al., 2012). A study of the worlds 60 largest rivers also 

found similar results, showing CaCO3 weathering has a CO2 uptake of 0.29PgC – 

0.15 PgC (Martin, 2017), enabling buffering and CO2 sink abilities especially when 

flowing across CaCO3 geologies (Sabine and Mackenzie, 1995). This is similar to the 

consumption of CO2 by 20W across the 20kyr, achieving a reduction of 20.6%. 

These simulations therefore support a growing recognition of the CO2 sink and 

climate control of CaCO3 weathering, on recordable timescales (Brenner et al., 

2016).  

 

4.1.2 Controls on Chemistry  

Higher weathering is also able to alter ocean chemistry. (Figure 3.4) shows 20W is 

able to increase pH over the 20kyrs by 1.2%, while 2W decrease by 1.86%. An 

increase in pH for a high weathering rate demonstrates an alkalising buffer capacity 

that not even 10W can provide, also showing a slight pH decrease. This is also 

displayed by an increasing DIC for higher weathering rates (15W and 20W) showing 
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a resistance to the increasing CO2, which as shown by the Revelle factor (Equation 

5), hence an increased buffer factor.  

 

Revelle factor = (Δ[CO2] / [CO2]) / (Δ[DIC] / [DIC]) (Equation 5) 

 

These trends are distinguishable in observations around CaCO3 weathering 

hotspots. Sabine et al (1995) note an ‘alkalinity halo’ around the Hawaiian Islands, 

caused by intense dissolution and transport of shallow carbonates, resulting in an 

export of 49 μmol C kg-1 of DIC supplied from carbonate particle dissolution. DIC 

sensitivity is also observable from carbonate river catchments. The Wujiang River 

produced DIC concentrations 3 times higher than the global average, with a range of 

2303-2783 μmol/L, as well as a maximum basin pH of 8.9 (Zhong et al., 2017).  This 

closely matches trends observed in figure 3.4 and gives justification to the role of 

carbonate weathering causing such trends.  

 

The same can also be said for the impact of low weathering rates, which show 

similar carbonate deficient/low weathering flux location observations (Gislason 

Arnorsson and Ármannsson, 1996). Such locations tend to have less of a biological 

influence due to less nutrient supply, thus fluxes can be attributed to the physical 

biogeochemistry. (Figure 3.4) shows a strong effect of the weathering rate to create 

similar environments; the lowest weathering rate (2W) greatly reduces pH and DIC 

relative to higher weathering rates. Such an environment demonstrates key 

instabilities, which are exacerbated by a positive feedback. As the weakened 

weathering feedback is unable to counter the increased ocean CO2 intake, pH 



 81 

continues to decrease at increasing rate, as well as DIC. This type of imbalance is 

conducive to an ocean acting as a source of CO2, further contributing to the positive 

feedback (Sabine and Feely, 2007). It could also be argued that the modelled results 

may be an underestimation for a low CaCO3 content location, due to a dissolution 

response to more acidic and CO2 saturated waters (Krumins et al., 2013), hence 

some of the pH and DIC decreases are offset by a buffering dissolution flux in 

absence of weathering input. However, it has been observed that OM decomposition 

has a significant influence on dissolution, by increasing corrosivity of the pore water 

and biologically enhancing mixing of TA, contributing to rapid dissolution (Anderson, 

Bates and Mackenzie, 2007). However, the strength of this buffer as a meaningful 

contribution is disputed (Andersson Mackenzie and Ver, 2003; Andersson, 

Mackenzie and Lerman, 2005).  

 

Overall, weathering is influential over the biogeochemistry behaviour of the ocean 

and its CO2 sink capacity, supported by observations from environments of high and 

low CaCO3 weathering.  

 

4.1.3 Sedimentary Controls 

(Figure 3.3) also exemplifies these trends and how they influence the sediments. 

Higher weathering rates allow for more Ca2+ to influx the oceans, hence the larger 

composition of CaCO3 in sediments. However, this is also influenced by the changes 

to ocean chemistry which also help increased burial and preservation of carbonate 

sediments. Higher pH, reduced pCO2 and a strong ocean sink allow for the balance 

of dissolution and burial to accommodate accumulation.  
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Gazeau et al (2014) find that a drop in pH by 1 unit has significant enhancements on 

CaCO3 dissolution which is in agreement with (Figure 3.3), demonstrating a chemical 

stabilising response of sediments. Also supported by Cyronak, Santos and Eyre 

(2013) who show that elevated pCO2 can shift sediments from net precipitation to 

dissolution. These trends are also commonly attributed to biological processes. 

Opdyke and Wilkinson (1990) argue CaCO3 sediment accumulation is ecosystem 

limited, restricted to paleolatitudes of tropical seas and shallow continental shelves. 

Bias to the biological dominant process is exemplified by Cardenas et al (2018), who 

find sub-Antarctic zones that are high (>45%) in carbonate compositions of 

sediments around the Drake Passage, Antarctica. This is attributed to the biological 

assemblages that spatially correlated to sediment composition. However, not 

acknowledged by this analysis is the large continental shelf and mountainous 

reservoir of weatherable CaCO3 rock, which could also influence the sedimentary 

signals. 

  

External factors are also said to limit CaCO3 accumulation, not accounted for in the 

model. Mackenzie and Morse (1992) recognise a tectonic control through the 

Phanerozoic, suggesting CaCO3 accumulation is cyclic with SL changes 

independent of feedback controls such as weathering. Influence from sea level is 

feasible due to 86% of sediment mass lies within the continental shelf (Mackenzie 

and Morse, 1992). On the other hand, it could be interpreted that such sea level 

influence is only of significance after large weathering episodes, that there is not a 

total recycling if there is sufficient supply, thus amounting to a net increase overall in 
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accumulation while also able to provide a dissolution/recycling flux. Other variables 

such as pore water advection (Cyronak, Santos and Eyre, 2013), ocean currents 

(Sulpis et al., 2018) and OM decomposition (Andersson, 2015) are also able to 

influence dissolution. 

 

Furthermore, a large accumulation of CaCO3 sediments allows for a second 

weathering reserve of resilience (Hay, 2008; Ridgwell, 2005). Episodes of high 

accumulation in the past have created large carbonate masses, such as those 

created in the Cretaceous which have provided a shallow-sea dissolution reservoir 

(Dameron et al., 2017). However, in the context of Cretaceous carbonate 

sedimentation, due to the very specific conditions of formation this availability of 

carbonate weathering reservoir replenishment and exposure may not be cyclic 

(Stanley, Ries and Hardie, 2002). It may also be the case that since the Cretaceous, 

an injection of such a volume of carbonate into the carbon cycle in both biological 

and physical realms will allow for continued recycling and a new routine of cyclicity. 

(Figure 3.3) implies such a mechanism by the observable pulse of dissolution able to 

reach new steady states for high weathering rates. However, as (Figure 3.3) 

exposes, a high consistent weathering rate is important to not deplete CaCO3 

sediments before burial by dissolution. 

 

This becomes especially important for shallow shelf environments, which account for 

half of global CaCO3 accumulation, and their CO2 sink role (O’Mara and Dunne, 

2019; Brenner et al., 2016; Gazeau et al., 2014). Continental shelf/coastal sediments 

have achieved more attention due to their relatively fast dissolution and weathering 
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rates, because of the “biogeochemically active” properties that encourage high 

erodibility mechanically and chemically (Romero-Mujalli et al., 2019; Thompson et 

al., 2017). Therefore, a higher weathering rate may be a more accurate 

representation of what resilience may be provided at a carbonate coast. 

 

4.1.4 Bioturbation Influence 

(Figures 3.14-3.16) reveal the relative importance of bioturbation in the context of 

changing weathering rates. As shown, the role of this process is insignificant (p 

>0.05) and varies most in responses for lower weathering rates. Other analyses 

considering bioturbation show that although the role is minor, it still holds some 

importance at creating a flux that can be greater than molecular porewater diffusion 

(Emersona and Hedges, 2006),  which has been given importance in other studies 

(Martin, 2017; Andersson, Mackenzie and Lerman, 2006). Therefore, it can be fair to 

exclude both these processes as serious influences, and isolate changes to changes 

in carbonate weathering.  

 

Panchuk, Ridgwell and Kump (2008) have also found that reducing bioturbation can 

also reduce the dissolution observed from modelled carbonate chemistry. This is 

especially important to accurately capture the dissolution intervals that respond to 

carbon perturbations and not to overestimate with a bioturbation flux that may have 

reduced in response anyway, inhibited by acidification effects (Wood, Widdicombe 

and Spicer, 2009; Donohue et al., 2012). Hence, analysis of event/scenario 

simulations will hold more accuracy with the absence of bioturbation. 
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4.2 CaCO3 Weathering Response to CO2 Forcing 

4.2.1 PETM 

PETM Onset 

Climate and carbon responses vary substantially across weathering rates, 

representative of different degrees of resilience to the CO2 forcing, even visible 

during the peak of the pulse whereby pCO2 varies by 3.69x10-4 atm across 

weathering rates (Figure 3.12). Differences also exist in between other PETM 

studies, variant by their origins of forcing, event and recovery durations and 

weathering strengths (Honisch et al., 2012; Panchuk, Ridgwell and Kump, 2008; 

Zeebe and Zachos, 2013; McInerney and Wing, 2011; Panchuk et al., 2008; Kump, 

2018). Dispute about the total PgC release ranges mostly between 2000PgC to 

10000PgC, depending on the carbon source (Figure 4.1) (Honisch et al., 2012; 

Panchuk et al., 2008; Zeebe, Zachos and Dickens, 2008; Gutjahr et al., 2017). After 

a pulse of 4500PgC over 10kyrs for this analysis, peak pCO2 ranges from 1.2x10-3 

atm (2W) to 4.54x10-4 atm (20W) (Figure 3.12), demonstrating a high PETM climate 

sensitivity for a higher weathering rate, as also supported by (Penman and Zachos, 

2018).  
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Estimates of PETM pCO2 onset also range depending on the proxy and 

measurement methods used. Bering and Royer (2011) find background pCO2 

ranges between 100-1,900 ppm, while Gehler, Gingerich and Pack (2016) show 

correlating to sedimentary strata using a triple oxygen isotope estimates at~670ppm. 

Aside from tools of analysis, while Schubert and Jahren (2013) find that the CIE 

amplitude is larger in terrestrial records than marine, producing a combined (marine 

and terrestrial) background pCO2 of 674-1034 ppmv, and peak CIE pCO2 1384-3342 

ppmv. This analysis projects pCO2 to be in the lower range of estimates for PETM 

Figure 4.1; PETM pCO2 Change 

Possible pCO2 increases for the PETM (red line) relative to initial 
Late Palaeocene levels (blue line). Adapted from (Schubert and 
Jahren, 2013). 
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onset and CIE peak. As shown in (Figure 3.13), weathering rate has a control on 

this, showing that for pCO2 increase from initial to peak, 2W increases 58.8% more 

than 20W. This supports the observations of marine resilience, due to a weathering 

response able to counter impacts of perturbation. For a doubling of weathering rate 

(10W vs 20W), during perturbation, pCO2 is lowered by 29.5%. 

 

Temperatures increase within the range of 4-9°C across the event (Dunkley Jones et 

al., 2013; Zeebe and Zachos, 2013; Gehler, Gingerich and Pack, 2016; Kump, 

2018). This analysis produces a range of 4.97-6.56°C between weathering rates 2W-

20W (Figure 3.12). 20W is therefore able to reduce event temperature to the lower 

estimate bounds, support that a negative feedback of carbonate weathering CO2 

drawdown may have been active given a sufficient weathering response. 

 

Temperature is a key variable in reproducing the PETM, due to feedback influence 

which controls resilience during the event. Chemical weathering and run-off 

enhancement from an intensified hydrological cycle as a result of temperature 

increases has been indicated from increased terrestrial export and changes to 

coastal marine eutrophic dinoflagellate populations (Kelly et al., 2005; Crouch et al., 

2001; 2003). This shows weathering response was reactive to the PETM onset and 

that any resilience provided would have increased in strength with time. This is 

supported by a lag in the pCO2 increase relative to the temperature rise (Gehler, 

Gingerich and Pack, 2016), suggestive of a weathering process responding to 

temperature and influencing pCO2 in doing so. Depending on the pre-event 
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weathering rate, a temperature increase may have transitioned a PETM profile to a 

higher weathering rate as shown by 20W (Figure 3.12).  

 

Attempts have been made to parametrise a weathering response to a temperature 

enhanced hydrological cycle, but commonly at the expense of underestimating 

carbonate weathering by assumption of same rates and ratio of silicate weathering 

(Penman and Zachos, 2018; Komar, Zeebe and Dickens, 2013). This is applied, 

even though observations have been made throughout the PETM of increased 

terrestrial carbonate weathering and marine dissolution (Kelly et al., 2005). These 

processes respond to temperature differently, hence weather faster and to greater 

volumes than silicate weathering (Zeng, Liu and Kaufmann, 2019). Furthermore, it 

has been shown the increased precipitation was episodic with increased storms, 

which has greater erosive potential than a temperature increased rate of reaction 

(McInerney and Wing, 2011). Therefore, temperature and pCO2 lags and leads 

demonstrated by high weathering rates (15W-20W) provide useful insight into the 

resilience that was responding to the PETM onset. 

 

The pH decline for the PETM onset underpins the oceanic ecological response and 

recovery efficiency. Predictions of pH decline range from ~0.36-0.7 (Gutjahr et al., 

2017; Zeebe and Zachos, 2013). Variations are argued to be due to the difference in 

event duration and carbon release applied. Sensitivity to perturbation thresholds can 

inhibit pH resilience (Vervoot et al., 2019; Gutjahr et al., 2017). It is then important to 

consider weathering rate and response to the event,and thus its influence over pH. 

Absence of a strong weathering influence creates acidic conditions of magnitude and 
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limit the resilience of the carbonate budget, causing ecological loss (Kawahata et al., 

2019). Higher weathering rates (20W) applied in this analysis are able to offset pH 

decrease by 47% relative to a low weathering environment (2W) (Figure 3.13). A 

weathering induced dampened pH response can then complicate inferences taken 

from pH change, such as perturbation size (Gutjahr et al., 2017). 

 

The impacts of PETM acidification are disproportionately felt in the deep-sea, 

causing dramatic benthic losses and reduced bioturbation (Panchuk, Ridgwell and 

Kump, 2008; Ridgwell, 2007). Although partly due to immediate dissolution beneath 

the CCD, above this zone arguments suggest this could be due to circulation 

breakdown (Zeebe and Zachos, 2007), deoxygenation from a weakened organic 

burial feedback (Armstrong McKay and Lenton, 2018; Zeebe and Zachos, 2013) or 

enhanced sediment pore-water acidification (Emerson and Hedges 2006; 

Andersson, 2015).  

 

There is a different response in shallow waters, documenting only assemblage and 

ecosystem shifts (Honisch et al., 2012). This suggests a carbonate weathering 

refuge for shallow dwellers, which would be direct beneficiary of terrestrial carbonate 

influx (Penman and Zachos, 2018; McInerney and Wing, 2011; Zeebe and Zachos, 

2013). This is an importance artefact of a high weathering environment, which even 

under perturbation would still likely show evidence of continued CaCO3 sediment 

composition, as shown for 20W in (Figure 3.13). This compares to other 

observations that show tried continuation of some CaCO3 wt% supply (Figure 4.2). 
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Therefore, even if only regionally, this potentially shows the resilience of carbonate 

weathering supply able to contribute under perturbated conditions.   

 

PETM Recovery  

The role of weathering has also been evidenced PETM-Recovery sediment records 

(Kennett and Stott, 1991). Carbon and Oxygen isotope excursions for the PETM 

have since been refined at additional ODPs, revealing periods of dissolution and 

burial (Panchuk, Ridgwell and Kump, 2008; Mackenzie and Anderson, 2013; 

Penman and Zachos, 2018; Turner, 2018). Erba et al (2010) find the dissolution 

occurs as pulses, existing with a long-term alkalinity recovery over 35krys. This 

behaviour could be inferred from the ocean-sediment flux remaining high through 

Figure 4.2; CaCO3 Observations at PETM 
Onset Figure shows CaCO3 records from 
range of deep ocean drill sites and Zumia 
shallow shelf carbonate complex. Adapted 
from (Dunkley Jones et al., 2018). 
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this period and an inability to return to initial pH and to instead stabilise at a new 

state (Figures 3.12 and 3.13). This is also evident as transient pulses in 

accumulation are observed in the recovery phases (Zeebe and Zachos, 2013). 

Although results are deficient in clear oscillations, (Figure 3.13) depicts a similar 

environment of competing dissolution and accumulation, as burial trends lag behind 

the rapid responses of ocean-sediment CaCO3 fluxes, suggesting a suppressed 

burial through dissolution loss. This is impacted by weathering rate, as duration of 

burial inhibition increases with decreasing weathering rate, implying a new quasi-

stable state takes longer to reach with inefficient weathering.  

  

Rapid burial increase is another notable impact of the PETM recovery, commonly 

attribute to an enhanced terrestrial weathering pulse in response to an accelerated 

hydrological cycle and thermodynamically enhanced chemical weathering (Jenkyns, 

2018; Penman and Zachos, 2018; McInerney and Wing, 2001; Kelly et al., 2005; 

Dunkley Jones et al., 2018). However, Armstrong McKay and Lenton (2018) suggest 

terrestrial weathering actually weakened as a resilience mechanism exhausted by 

breaching a tipping point preceding the event, and carbon-cycle destabilisation was 

the key push to climate instability during the PETM (Littler et al., 2014; Barnet et al., 

2019). A reduction of continental weathering is also said to have caused a 40% 

decrease in Si weathering from 3Myrs after the PETM (Caves et al., 2016; Van der 

Plog et al., 2018). This suggests other processes could be directing the recovery, 

such as seawater reacting with fresh Igneous Province basalt (Kender et al., 2012; 

Jenkyns, 2018), or a strengthened biological pump (Bains et al., 2000; Stoll and 

Bains, 2003).  
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However, an increase in CaCO3 and Kaolinite deposits, representative of an 

increased terrestrial carbonate and silicate weathering, support a weathering 

resilience response (Kelly et al., 2005). These deposits have global coverage, 

clustered around shallows which further supports a terrestrial-weathered source 

(Akaegbobi, Ogungbesan and Ogala, 2011; Knox, 1998; Kelly et al., 2005; Erba et 

al., 2010; Dunkley Jones et al., 2018). Jones et al (2019) also find weathering and 

accumulation flux to increase 4-fold during recovery. An observed loss of calcifiers 

and reduced bioturbation during this event likely discounts a biology-driven recovery 

(Ridgwell, 2007), supporting sedimentation patterns out of sync with biological 

response, maintaining this was a geophysical process.  

 

High weathering rates applied in this study produce recovery period wt% carbonate 

sediments 45.2% and 3.5% higher than initial (for 20W and 15W respectively) 

(Figure 3.14). This not only signifies increased burial but also increased 

preservation, potentially aided by a ‘CCD overshoot’ (Penman and Zachos, 2018). 

This is significant not only for immediate CO2 drawdown, but creates a renewed, 

larger CaCO3 sediment reserve, able to be exploited for future OAE’s (Mackenzie 

and Anderson, 2013). The amplitude of recovery of wt% CaCO3 is similar to 

sedimentary observations (Figure 4.3).  
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The rate of sedimentation is also comparable. For 20W, a rapid period of recovery 

occurs for 20kyrs after event, taking 15krs to return to initial wt%, followed by a 

gradual recovery period over ~50kyrs. While 15W rapidly recovers over ~30kyrs, and 

gradually thereafter. This aligns to other estimates for a rapid phase of recovery, also 

said to occur ~30kyrs after event (Kelly et al., 2005; McInerney and Wing, 2011; 

Erba et al., 2010). Ocean-sediment CaCO3 flux on the other and recovers quicker, 

rapidly so for 8kyr followed by a 30kyr gradual phase. Therefore, similar to Murphy, 

Farley and Zachos (2010), this could expose a 3-part recovery phase, whereby the 

first 8kyr is a competing recovery between dissolution and increased terrestrial 

weathering. As this does not significantly dampen the accumulation rate, it suggests 

terrestrial weathering was strong enough to override dissolution impacts and 

maintain burial. Although, a lag in accumulation visible for 15W and remaining rates, 

demonstrates this drop in weathering input is sufficient to allow a dissolution-

dampening impact of accumulation. These rates are too fast to be explained by 

silicate weathering alone (Bowen and Zachos, 2010), thus exemplifies a process 

Figure 4.3; PETM CaCO3 Sediment Content Records 

PETM records of CaCO3 wt% over event duration at sites U1403, 1266 and 690. Age models from correlating fine-
fraction/bulk δ13C to (Rohl et al., 2007). Figure adapted from (Penman and Zachos, 2018). 
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capable to remove carbon through burial, indicative of carbonate weathering 

(Penman and Zachos, 2018).  

 

On the other hand, pH takes longer to recover and does not restore original state 

despite high weathering and stable burial (Figure 3.13). pH for 20W increases for 

~30kyr after event but stabilises at a pH 0.8% less than initial. This potentially 

explains the lag of ecological recovery, also noted by Penman and Zachos (2018) 

who identify sustained acidification of 0.3 pH units for 70kyrs. Delayed recovery 

could also be due to the weakened organic matter burial feedback (Hülse, Arndt and 

Ridgwell, 2019; Armstrong McKay and Lenton, 2018). This could be limiting the 

acidification recovery due to an inability to efficiently reduce pCO2, which, as shown 

by (Figure 3.14), has a similar timing and magnitude of recovery to pH. This 

suggests although carbonate weathering is strong enough to onset substantial 

carbon cycle responses, a full recovery relies on additional feedbacks “catching up” 

to work in tandem with weathering and restore initial conditions.  

 

As discussed, “catching up” could be a spatial resilience inconsistency, limited by 

interaction with a terrestrial weathering interface. ODP Site 690 (Figure 4.3) exposes 

this, containing consistently high carbonate content and ecological persistence (Kelly 

et al., 2005; Kelly, 2002). This is argued to be permissible from enhanced chemical 

weathering and run-off from continents, shown by increased radiogenic osmium 

seawater composition (Kelly et al., 2005; Robert and Kennett, 1994). This could be a 

signature from an orogenic period of the Andes, which by the PETM had aerial 

exposure and Molasse deposits (Olivero and Martinioni, 2001). This sets up a 
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situation of enhanced erosion and direct supply to shallow seas and transport via the 

CDW to proximity of Site 690 (Figure 4.4), especially given partial carbonate Andes 

geology, neighbouring ODP 690 (Laya and Tucker, 2012). 

 

Therefore, given the results of this analysis and comparisons to other observations, 

there may have been regional resilience active during the PETM, consequent of a 

high carbonate weathering environment able to exert a strong enough negative 

feedback on the carbon and climate response and recovery. 

 

ODP 690 
Maud Rise 

Figure 4.4; Southern Ocean Currents  

Figure showing the interaction of currents around ODP 690 (red circle label). Adapted from (DAWE, 
2002). 
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4.2.2 Insights Through Time 

Past Events: Lack of Resilience 

In addition to the PETM, other events have perturbated the carbon cycle through 

time, amounting to a diverse geologic history of responses and recoveries.  

 

Weaker perturbation event resilience has been evident in the past with evident by 

longer recovery periods and more severe extinctions (Harnick et al., 2012). One 

example is the P-Tr; which due to an event of 13000-43000PgC over 20-40kyrs, 

caused widespread extinction in all ocean realms (Jin et al., 2000). A lack of 

resilience is said to be due to a combination of the length and scale of carbon 

perturbation, and insufficient species diversity and adaptability (Vervoort et al., 2019; 

Foster et al., 2017). However, central to any recovery, it is also argued the negative 

weathering feedback was also weaker (Kump, 2018).  

 

Some carbonate weathering resilience is noted by shelf dissolution (Honisch et al., 

2012; Kump, 2018) and a fall in sea-level exposing carbonates to weather, granting 

an initial stable pH phase (Clarkson et al., 2015). However, it is said that weathering 

resilience was soon exhausted, unable to keep up with persistent Siberian Traps 

emission and exacerbated by reduced uplift and high continentality (Kump, 2018). A 

similar scenario is exemplified by (Figure 3.19) showing an inability of resilience to 

maintain initial pH, decreasing by 3.1% for a weathering rate reduced by a factor of 

10.  
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Events during the Cretaceous also resemble high CO2 scenarios of the PETM, 

producing Ocean Anoxic Events (OAEs) 1a and 2. Consequence of volcanic 

degassing resulted in acidification and pCO2 similar to the PETM (Kuhnt et al., 

2017). Although these events were longer lasting at 150kyr (excluding recovery) 

(Honisch et al., 2012), recovery was characterised by lags and pulses in response, 

from a deep-water acidification delay after a 25-30kyrs of dissolution, to acidification 

paused by alkalinity recoveries over 35kyrs (Erba et al., 2010). This suggests a 

weaker weathering negative feedback to drive recovery.   

 

Yet, environmental conditions for these Cretaceous events were encouraging for 

high weathering (high sea-level, accelerated hydrological cycle and large area of 

semi-arid continent) (Mackenzie and Morse, 1992; Jenkyns, 2018). Therefore, this 

could mean weathering resilience influence is event-duration limited, whereby after a 

long duration a tipping point is breached whereby weathering resilience is inefficient, 

similar to that suggested for the PETM (Littler et al., 2014; Barnet et al., 2019). 

Alternatively, this could point to a weaker foundation of carbonate weatherable 

reservoirs, compromising recycling of weathering influx enhanced by significant 

calcifier loss from deoxygenation (De Le Rocha et al., 1998). Although the 

Cretaceous as a period was prolific for high CaCO3 deposition, lack of weathering 

accessibility to this reserve may have stunted recovery (Gale and Lovell, 2018).  

 

Past Events: Carbonate Weathering Resilience 

Recovery and extinction resilience to events has generally increased through Earth’s 

history, notably since the PETM (Figure 4.5) (Harnick et al., 2012). It is controversial 
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whether this solely represents increasing resilience, as this trend is influenced by the 

better preservation which can capture more of the recovery than for deeper time. 

Further, the scale of carbon perturbation has not matched preceding events; aside 

from current anthropogenic perturbation (Schobben, van de Schootbrugge and 

Wignall., 2019). Nonetheless, this does not discount the potential for increased 

carbonate weathering driven resilience playing a part in this trend. Such resilience is 

highlighted by an increase in carbonate burial through time from the late Eocene, 

indicative of a transition to a weathering-enhanced system (van der Ploeg et al., 

2019). 

 

Dynamism of tectonics, sea level rise, hydrological cycle acceleration, glaciation, 

deforestation and exposure of carbonate massifs have all enhanced weathering 

resilience (Mackenzie and Morse, 1992). Continental shift from the continued break 

Figure 4.5; Mass Extinctions Through Time 

Extinction rate of all marine genera in Phanerozoic. Adapted from (Harnick et 
al., 2012) 
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up of Laurasia and Gondwana has triggered exhumation of weatherable strata. 

Formation of the Himalayas has been a result of this, which is argued to be a cause 

of long-term cooling and Antarctic ice sheet growth in the Miocene, due to enhanced 

carbonate weathering (Kawahata et al., 2019; Kender, Yu and Peck, 2014). 

Furthermore, this mountain range self-amplified weathering further with the 

prominence of the ITCZ and Indian monsoon system. Persistent and high-volume 

influx of carbonate weathering therefore overrides any short-term process such as 

ocean-circulation or ecology, especially given strong climate-chemistry feedbacks at 

this time (Unger and Yue, 2014).  

 

This was not the only active weathering enhancement post-PETM, as glaciations 

resulting from Himalayan-influenced cooling also enhanced weathering (Vance, 

Teagle and Foster, 2009). High weathering fluxes at glacier terminus are identifiable 

in sediment and ecological responses, capable to create a CO2 net reduction (Flores 

et al., 2012). Weathered material has physical characteristics complementary to 

these impacts, producing fine grains with high surface areas that intensify already 

fast kinetics of mineral weathering (Martin, 2017). However, studies tend to apply 

bias by assuming weathering and sedimentation rates from observations from rivers, 

which are temporally variable and magnitudes less than the fluxes from glaciation, 

demonstrated by the LGM experiencing weathering rates 2-3 times the average 

(Vance, Teagle and Foster, 2009).  

 

Greater weathering response occurs during interglacials, which is said to be due to 

sea level rise able to influence rate of weathered supply (Riding, Liang and Braga, 
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2014) and communication between surface waters and deep-sea, which has shown 

to influence dissolution as a secondary supply of weathering resilience which occurs 

at the transition from interglacial to glacial (Mackenzie and Morse, 1992; Beaufort et 

al., 2011; Hodell, Charles and Sierro, 2001). This exposed a cyclic dynamic of 

carbonate behaviour than can be environmentally influenced, but also demonstrates 

importance of exposed sediments for weathering, then elucidating to the role of 

lithology. This signature responds to climate and C-cycle changes as demonstrated 

to a paralleled change to δ18O (Hodell, Charles and Sierro, 2001) but also responds 

to the glaciation changes they trigger.  

 

In tandem to increased prevalence of weathering catalysts, a frequently 

unacknowledged active weathering enhancement is the role of the newly uplift 

Cretaceous chalk massifs (Mackenzie and Andersson, 2013). As reviewed in 

Chapter 1, 25m uplift is estimated to have been active in the early Eocene, induced 

by an Icelandic mantle plume providing a “Palaeocene Thermal swell” (Gale and 

Lovell, 2018; Nadin, Kusznir and Toth, 1995), then further exposed by SLR from the 

Alpine orogeny (late Oligocene-mid Miocene) (Gibbard, 1995). This timing coincides 

with the observed increasing trend of alkalinity and other carbonate trends driven by 

weathering (Figure 4.6), most aligned with the most active phases of uplift (Dezes, 

Schmid and Ziegler, 2004).  
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Therefore, using a system that has equilibrated to a high carbonate weathering rate 

as shown in this analysis, exposure and erosion of carbonate masses can be 

accounted for. Resilience is made evident by dampened pCO2 and temperature by 

26% and 12% respectively for higher weathering state (Figure 3.17). This then 

amounts to a 54% greater reservoir of CaCO3 sediment accumulation, a foundation 

to resilience accessibility.   

 

Figure 4.6; Cenozoic Alkalinity Changes 

Modelled alkalinity delivery and removal throughout the Cenozoic. (A) continental weathering alkalinity (red line) with 
orange shading showing range of estimates, green line shows anaerobic delivery on continental margins. (B)  removal by 
pelagic burial using range of maximum and minimum estimates (sources cited). (C) removal by marginal burial, calculated 
by the difference of Fweathering, Fanaerobic, and Fpelagic. Red transparent box represents active period of carbonate 
uplift. Figure adapted from (van der Ploeg et al., 2019).  

Period of carbonate 
uplift 
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Applying different weathering rates on this state is then able to capture the episodic 

nature of weathering perturbations discussed. Although these results demonstrate 

larger ranges of responses relative to the same weathering rates applied to a fixed 

CO2 stabilised state on 10W, this still does not discount the resilience brought to the 

system set-up by an ‘open’ higher weathering state, which as shown by (Figure 3.17) 

is more resilient. Nonetheless, as (Figures 3.18 and 3.19) show, a higher initial 

weathering rate encourages resiliency. Reducing weathering rate by 50% (20W to 

10W) results in 30.86% and 9.57% increases in pCO2 and temperature respectively, 

while decreasing by 42.02% and 1.56% for CaCO3 sediment composition and pH 

respectively. But due to the initial stable conditions representative of a resilient state, 

the 20kyr-end climate and carbon system still remains in habitable bounds of 

temperature and pH (13.97°C and 7.9 respectively) (Krissansen-Totton, Arney and 

Catling, 2018). This is also evident with observed ecological responses to carbonate 

lithology, as pulses of diversification and geographic expansion of calcifiers has 

shown to match the timings of chalk uplift (Foster et al., 2020). Hence, high initial 

and continued weathering can potentially provide refuge and resilience to carbonate-

sensitive species. Therefore, this may support the indication the trend of increasing 

ecological resilience shown by (Figure 4.5) was potentially driven by increasing 

system resilience by carbonate weathering. 

 

Yet, it could be argued that instead of an importance of accessible carbonate 

weathering reserve, post-PETM resilience was influenced more so by climate and 

carbon controls on weathering processes (Zachos, Dickens and Zeebe, 2008). 

However, even with enforced high weathering of glaciers and chemical weathering, 

influence is reliant on lithology, as demonstrated by a lack of buffering from Icelandic 
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basalt weathering (Gislason et al., 1996). Chalk weathering rates are high due to 

porous and permeable characteristics and reactive composition to chemical 

weathering (Lawrence et al., 2013). Weathering rates in chalk aquifers are estimated 

to be 3x10-6 yr-1 – 10-5yr-1 (Bourdon et al., 2009), while surface weathering rates are 

not as constrained due to episodic erosive nature (Bowen and Take, 2014). 

Therefore the existence of such a weatherable reservoir would likely have notable 

climate and carbon control, strongly coupled to an ability to be a self-regulating 

system (Mackenze and Andersson, 2013) and potentially in the form of high 

productivity and surface acidification in northern latitude regions where these 

masses predominantly cover (McKay et al., 2012; Beaufort et al., 2011).  

 

These results are therefore useful to demonstrate stability of a system with 

consistent high weathering and continued resilience with variable weathering rate 

changes representative of Earth system weathering perturbations. Thus, supporting 

the importance of weatherability in a system to enhance resilience, as Caves et al 

(2016) suggests was a determinant of Cenozoic cooling, as the strength of the 

weathering feedback also increased. A reserve of carbonate lithology strengthens 

the carbonate weathering negative feedback and the controls it exerts. Therefore, 

the continued influence must be assessed for future Earth system response and 

resilience. 
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4.2.3 Looking to the Future 

Current RCP Predictions 

Studies to recreate perturbation events through time to understand process 

responses can be useful but can never be a perfect analogue for the future (Honisch 

et al., 2012). Assumptions are applied to future predictions based on what has been 

observed in the past. This results in bias to only apply known process behaviour. 

Consequently, potential exists to ignore important which may have differing scales of 

influence under future conditions (Lunt et al., 2013).  

 

Predictions partitioned into RCPs for the 2014 IPCC report, forecast the changes 

summarised in Table 4 for the mid- and late-21st century, relative to 1986-2005. Such 

changes are likely to have significant effects on the ocean carbon cycle and the 

biological contributors, especially for RCPs capable of >1.5°C warming, described as 

more likely in the most recent IPCC analysis (IPCC, 2019). (Figures 3.8 and 3.9) 

show carbon and climate responses under different weathering rates for a RCP6 

scenario. Given that observed pH decrease from the pre-industrial is ~0.1 (IPCC 

2014), during perturbation decreases show a similar decrease of ~0.25 by reference 

year 2100, in Table 4. Higher weathering (20W) minimises pH reduction by an 

average of 0.02 across 1000-year perturbation (relative to 10W). However, the 

19,000 years following the event, 20W recovers pH to a state 0.06 higher than initial, 

1.3 higher than 10W. This could therefore mean that an immediate higher-

weathering pH resilience may not be globally significant but will play an important 

role for the longer recovery and eventual reduction in CO2. 
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Similarly, 20W has an important role on the longer-term recovery. During 

perturbation temperature ranges by ~0.5 °C between lowest and highest weathering 

rates for RCP6 and RCP8.5. Relative to Table 4, this suggests scale of weathering 

could be meaningful for the increase magnitude for RCP6, but less so for RCP8.5 

given temperature increases are roughly twice as high. Whereas for the longer-term 

19000-year recovery, 20W greatly reduces temperature after perturbation to a cooler 

state than initial for RCP6, and a ~3 °C warmer state than initial for RCP8.5.  These 

predictions are therefore very sensitive to the regulatory feedbacks assumed in their 

estimations, and thus likely will produce impacts that are spatially and temporally 

varied depending on the weathering response and create new recovered systems.  

Table 4; RCP Responses Table showing various carbon and climate responses to different RCP's. Data from 

(IPCC, 2014). 

Change relative to reference period 

(1986-2005) 

RCP2.6 RCP4.5 RCP6.0 RCP8.5 

Mean temperature increase mid-century 

(2046-2065) (°C) 

1.0 1.4 1.3 2.0 

Mean temperature increase end-century 

(2081-2100) (°C) 

1.0 1.8 2.2 3.7 

Global mean sea level rise (2046-2065) 

(m)  

0.24 0.26 0.25 0.30 

Global mean sea level rise (2081-2100) 

(m) 

0.40 0.47 0.48 0.63 

Global mean pH decreases by (to 2100) 0.065 0.145 0.205 0.31 
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Mean cumulative CO2 emissions 2012-

2100 (GtC) 

270 780 1060 1685 

 

One of those impacts is on ecology, already observed in already high CO2 and 

acidifying environments, which will likely extrapolate as a global trend with the 

continued increase. Extinctions are predicted to be on similar scales as the Permian-

Triassic (Zeebe and Zachos, 2013). Calification physiological responses to 

anthropogenic CO2 are also likely to exacerbate current observation trends of Foram 

thinning (de Moel et al., 2008), muscle wastage in expense of calcification (Wood, 

Spice and Widdicombe, 2008) and inhibition of limb regeneration due to energy 

deficits (Wood et al., 2009). Given current IPCC pH predictions (Table 4) and those 

from this analysis with 10W (Figure 3.10 and 3.12), physical health would seriously 

be inhibited for vulnerable calcifying organisms. This is supported by a study by 

(Gattuso et al., 2015), predicting a cross-organism and ecosystem increase in risk 

from moderate to very high risk of impact from RCP2.6 to RCP8.5, due to the 

expected ocean changes (Figure 4.7). 
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Impacts on ecological functionality also have financial consequences. The bounds 

on fisheries would be very sensitive to the amount of CO2 and OA over the next 

decades and thus could limit the exploitive wealth and livelihood permissible through 

fishing (Falkowski, Barber and Smetacek, 1998). This has potential impact in 

intertidal rocky-shore habitats, which although not as expansive as the deep ocean, 

Figure 4.7; RCP Ocean Changes 

Changes in global averages for RCP 8.5 (red line) and 
RCP 2.6 (blue line). (A) SST, (B) Sea Level, (C) Surface 
pH, (D) % total ocean with aragonitic CaCO3 
saturation state above 1 and 3, (E) Dissolved Oxygen. 
Figure adapted from (Gattuso et al., 2015) 
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caters for 50% of marine life and supports global services worth US $5-10 trillion a 

year (Hawkins et al., 2016). This will affect not only food security but also coastal 

tourism (e.g. reef dives and snorkelling) which is predicted to overall decline and 

regionally shift in response to species migration (Weatherdon et al., 2016).  

 

Role of Coastal Carbonate Weathering 

However, given the composite nature of IPCC outputs, multi-model approaches 

apply a range of assumptions of how feedbacks will respond (Eyring et al., 2019). A 

negative feedback of dissolution will enhance in response to ocean acidification, but 

alone will be an insufficient buffer to anthropogenic CO2 emissions (Andersson, 

Mackenzie and Ver, 2003) but the influence of increased erosion and weathering in 

response to climate change, has been poorly constrained (Legge et al., 2020). 

Coastal environments are predicted to experience more erosion due to increasing 

sea levels and wave energy as a consequence of changing climates (Allan and 

Koman, 2006). Sea level predictions (Table 4) as a result of thermo-expansion of the 

ocean and ice melt has already caused coastal loss (Domingues et al., 2008; 

Beaulieu et al., 2012; Autret et al., 2017). Increased sea levels will mean more of the 

coast, and more importantly the cliffs, will be exposed to more submersion and 

erosion, meaning increased weathering of rock surface and acidic corrosion and salt 

crystallisation and removed protection of beach morphology (Autret et al., 2017; 

Lawrence et al., 2013; Earlie, Masselink and Russell, 2018).  

 

In addition to increased erosion at the sea-interface, increased storm intensity and 

frequency is also predicted as temperatures increase (Prein et al., 2017; Seneviratne 
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et al., 2012). This not only exacerbates the increased water levels and precipitation 

but brings more destructive energy to the system catalysing future coastal erosion 

and aerial vulnerability (Earlie, Masselin and Russell, 2018; Ireson et al., 2009). This 

is significant for chalk and rocky cliffs, which cover over 80% of global coastlines and 

are 55% weaker than equivalents further inland (Price et al., 1993; Ireson et al., 

2009).  

 

Chalk cliffs are especially vulnerable due to the porosity, joint and fracture 

physicalities (Dodge-Wan and Nagarajan, 2019; Duperret et al., 2004). As 

discussed, these are geologically recent features thus the role and response to 

perturbations through time has yet to be quantified. Spatially expansive uplift has 

covered ice-free continental areas with ~15% exposed carbonate rock (Ford and 

Williams, 2013). Hence, this creates capacity for not yet accounted for controls of 

resilience through carbonate weathering; greater in volume, erodibility and coverage 

than previously parametrised carbonate weathering (Romero-Mujalli, Hartmann and 

Börker, 2019; Colbourn, Ridgwell and Lenton, 2015). 

 

Given that the severity of a 1 in a 100-year event has now become a 1 in a 30 year 

event (Marsooli et al., 2019), the event-rate of coastal erosion will likely follow this 

increase in frequency and thus will create a new average rate of weathering/erosion 

for this environment that will need acknowledgement in models. A call for increased 

regional weathering consideration is commonly concluded from future scenario 

research (Ranasinghe, 2020; Baldry, Mountford and Greenwood, 2017). But, the 

scale of rate, volume and coverage from chalk erosion is quantifiable on a global 
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scale due to widespread coverage and active transfer through currents distributing to 

coasts deficient of carbonate coasts.  

 

Envisioning what this will look like for the carbon cycle in the future may follow the 

resilience and recovery trends presented for 20W (Figures 3.8 and 3.10). This would 

suggest the influence of high CaCO3 weathering is able to bring immediate and 

continued event system resilience to perturbation, maintaining resilience to a level 

that almost resists any change. However, a 15% difference between the two RCPs 

suggests that this influence can be weakened, or more countered, by a higher 

increase in emission forcing. As discussed, this may allude to the ‘exhaustion’ of this 

feedback if the forcing is too great (Littler et al., 2014; Barnet et al., 2019; Kump, 

2018).  

 

Given the sensitivity of ecology to ocean chemistry changes, this could have 

profound differences to the predicted ecosystem responses and survival. Although 

limited by numbers of observation, a system change may take place by migration to 

carbonate coasts for ocean acidification refuge (Wood et al., 2010). The same has 

been shown for acidic environments, whereby a decreasing pH gradient also reflects 

a decreasing trend in calcifying species, losing resilience to pH <7.8 (Foo et al., 

2018). 

 

Resilience from higher weathering is also evident in the climate responses. (Figures 

3.8 and 3.10) show that pCO2 change from initial to end of simulation is 82% and 

55% less for 20W than for 10W (RCP6 and RCP8.5 respectively). Furthermore, 
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event peaks of pCO2 are 4.4% and 2.3% less for 20W than for 10W (RCP6 and 

RCP8.5 respectively). Also supported by more values for higher weathering sea-to-

air pCO2 flux, this demonstrates oceans under higher weathering rates are able to 

respond as sinks, while those with lower weathering become weaker sinks relatively 

fast. This also has impacts on the climate, as 20W final temperatures are 1.02°C and 

1.98°C less than that for 10W (RCP6 and RCP8.5 respectively). Hence, carbonate 

weathering will likely have a strong influence over the capacity of future carbon and 

climate response and recovery. This will translate to added space before tipping 

points are breached, which are responsive to rate and magnitude of carbon and 

climate response (Lenton et al., 2019). 

  

However, it could be argued that this erosion is not sufficient to represent a global 

weathering rate of 20x1012 mol Ca2+ yr−1 due to the weaker communication with the 

deep ocean and fast kinetics of dissolution (Martin, 2017; Peng et al., 2016; Morse 

Andersson and Mackenzie, 2006). However, climate change induced glacial 

recession has also created new highly erosive areas of suspended sediment, as 

shown in Norway and Iceland (Bogen, 2009; Hawley et al., 2017). Increased 

attention to glacial erosion has exposed poorly constrained weathering was from 

these basins and thus absent from weathering budgets, even though glacial 

weathering fluxes have increased by 30% in 4 decades (Meire et al., 2016; Beaulieu 

et al., 2012). Additionally, it has been found alpine environments experience 

preferential weathering in carbonate bedrock, creating a CO2 sink (Scribner et al., 

2015; Anderson et al., 1997).  
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Therefore, the discharge of weathered CaCO3 could be great, given the volume at 

which it is forcefully eroded and the coastal interface it is released to which is highly 

connected to deep-water currents and advected offshore (Wadham et al., 2013; 

Arrigo et al., 2017). Already likely impacts on key biological pump ecological 

networks and the CO2 sink potential, creates conceivable influence of these 

environments previously not granted due attention. This in combination with 

increased coastal weathering could support predictions under higher weathering 

rates (e.g.15W and 20W). 

 

Accounting this influence could translate to refined predictions of system responses 

and timescales of recovery. Current estimates scale recovery of oceans will take 

from 2300-2700 (Tyrell, 2007; Andersson, Mackenzie and Lerman, 2006). This 

recovery is said to be mostly driven by decreased calcification which by the year 

3000, has capacity to decrease CO2 by 4-13% (Ridgwell et al., 2007). While (Figures 

3.8-3.11) demonstrate recovery can be directed by rate of carbonate weathering. 

20W shows a return to initial pCO2 by year 13200 for RCP6. While 10W is 58.75% 

slower in recovery and does not return to initial pCO2. 20W also recovers pH by year 

7750, whereas 10W lags behind by 16250 years, and does not return to initial. 

Therefore, although without consideration of other recovery factors such as 

temperature, ecosystem type, ocean circulation etc. weathering evidently is an 

important recovery driver.  

Bioturbation is also argued to place an influential role in recovery, through 

importance of recycled CaCO3 for resilience (Broecker, 2003). However, as shown 

by (Figures 3.14-3.16) their influence is dwarfed by the control of carbonate 
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weathering.  As supported by (Tyrell, 2007), showing carbonate weathering as a 

negative feedback with potential to increase rate of CCD recovery. This assumption 

is made from a temperature-led increased limestone weathering, thus appreciation of 

a weathering enhancement brought by responsive chalk coasts and ability to 

measurably enhance recovery duration and magnitude, is supported.  

 

Overall, this analysis of the current future predictions has elevated the influence 

likely to come from high carbonate weathering. Not only by the ability to recover, but 

to also hold influence to offset immediate response and condense recovery period. 

 

4.3 Limitations 

Weathering Sensitivity 

Although this project was able to successfully meet aims and objectives using 

cGENIE, limitations do exist with the model and assumptions applied for this study. 

For practicality, a choice of only 5 weathering rates were analysed, informed by other 

studies and observations. Yet rates are still generalised from the scarce 

observations available, thus comparative accuracy is limited. Weathering rates 

forced in these experiments are also fixed, therefore any weathering responses are 

muted. Although literature has supported the assumption of a generalised high rate 

due to the enhanced weathering processes active on the exposed carbonates in this 

project (Lawrence et al., 2013), it is likely weathering rates would still evolve in 

response to changes in temperature led rates (Kump, Brantley and Arthur, 2000).  
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Nonetheless, it was important to force weathering rates instead of, similar to other 

studies, allowing weathering to be a responsive product of temperature (Mills et al., 

2018) or burial (Greene et al., 2019). By forcing, responses can be isolated to 

weathering rate, without a noise from other feedbacks at play. Function to do this in 

cGENIE allowed other models to be excluded e.g. LOSCAR (Zeebe, 2012), which 

has parametrised CaCO3 weathering as a function of pCO2. Not only does this not 

allow flexibility to alter this without pCO2 changes, but also is unlikely to represent 

complex interactions pCO2 has with weathering, temperature and hydrology 

(Penman and Zachos, 2018). Alternatively, models that prioritised coastal 

interactions could have been used to assess the immediate impacts of terrestrial 

interactions. SOCM (Shallow-water Ocean Carbonate Model) (Andersson et al., 

2003) does this, but has a representative “weathering” flux from riverine input and 

has a carbonate chemistry that is biased to reef environments. Therefore, to satisfy 

the aims of this project, weathering rate has been assessed as the independent 

variable. 

 

Scenario Set-Up 

The assumptions made in this model to represent geological events using the same 

set up is compromised by the different paleogeographic configurations, ecological 

structures and environmental feedbacks would all be different depending on the time 

period assessed. Although paleogeographic set-ups were available with cGENIE 

(e.g. Cretaceous, PETM), a ‘fake world’ set up was still applied to maintain flexibility 

and try to isolate weathering response away from any influence of paleogeography. 

The assumption of global weathering homogeneity was also applied, due to the 
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resolution of the model. Although this was useful in reference to global events, 

carbonate coverage is still spatially limited, and its influence mostly restricted to the 

coastal zone. It is important to assess regionality, to refine predictions and 

relationships of ecological and carbon-cycle response (Ranasinghe, 2020; Barnard 

et al., 2019). 

 

Time Constraints 

A constraint on this project was time. Training and introduction of the model was 

kindly provided by Andy Ridgwell in November 2019 but this meant analysis could 

not start until return from visit (from UC Riverside). Running the model was also time 

consuming; initial 50kyr spin up runs took ~3 days to complete, in addition to 20kyr 

runs taking ~1.5 days to complete. This especially depleted time when trialling and 

finally running an 80kyr duration for the PETM runs. With additional time, this project 

could have delved into greater accuracy with weathering rates, representative of the 

different processes discussed. Other weathering rates could have also been tested 

that were more accurate to the enhancement, e.g. land use change, sea level rise, 

and other climate change impacts (Zeng, Liu, Kaufmann, 2019). Nonetheless, the 

outputs of this project have been useful to gauge an influence and relative 

importance of carbonate weathering on a new configuration of cGENIE and provide 

evidence to support the novel idea of carbonate cliff resilience for recent and future 

considerations.    
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5. Conclusions 

5.1 Summary 

This project has provided a novel analysis of the role of carbonate weathering in 

context of ocean-systems resilience. The study has quantified the carbon and 

climate system sensitivities to rates of carbonate weathering and responses to past 

and future perturbations. 

 

The responsivity to different weathering rates has shown to be wide-ranging across 

geochemical dynamics and climate. Higher weathering rates have consistently 

shown to provide resilience to a stable earth system state, through the addition of 

alkalinity and enhancement of an ocean carbon sink. Lower weathering rates have 

had a weakening effect, in some cases demonstrating runaway instability. The 

analysis has been valuable to show the significant sensitivities of weathering and 

how this employs great uncertainty for studies that apply bias and generalised 

weathering rates or apply as a dependent variable (Galliardet et al., 2018; Penman 

and Zachos, 2018). 

 

The role of carbonate weathering has also been tested on past and future events. 

Application of a PETM perturbation has exposed a consistent resilience of higher 

weathering rates. These outputs in correlation to regional observations have aided 

the explanation behind regional discrepancies in response and recovery over the 

PETM (Dunkley Jones et al., 2018; Honisch et al., 2012) potentially due to hot spots 

of carbonate weathering. Assessment of other past events which have undergone 

weathering fluctuations, but under a system with higher initial carbonate weathering, 
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has also shown trends of high carbonate weathering resilience. This study has 

exposed the link between growing resilience with carbonate weathering, by the 

increased carbonate exposure (van der Ploeg et al., 2019; Harnick et al., 2012). 

Hence, evidencing the past role and resilience of this process. 

 

Expanding on the omission of carbonate weathering resilience for geologic CO2 

perturbations, assessment of future perturbations has also evidenced the role of 

carbonate weathering, and how it will influence future resilience. Accounting for the 

previously underestimated role of coastal carbonate geologies and the enhancement 

of weathering they will experience has provided new insight of this influence. Not 

only has higher weathering rates shown to reduce the severity of event, but also 

increase rate and magnitude of recovery to a point whereby initial conditions can be 

met and surpassed. However, as shown by other studies, the ability of carbonate 

weathering to employ such resilience can be exhausted by the scale of perturbation 

(Littler et al., 2014). 

 

Overall, this study has brought attention to the current underestimations and 

assumptions of carbonate weathering influence, that has embedded bias to past and 

future perturbation responses. Acknowledgement of exposure and responsive 

weathering processes has shown to provide resilience to oceanic carbon and climate 

systems, which will be crucial to temporally and spatially constrain future impacts. 
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5.2 Future Opportunities 

With this new insight, additional questions and opportunity for research exists to 

improve the relatively weak scientific understanding of carbonate weathering 

resilience (Caves et al., 2016).  

 

These findings necessitate the requirement for more observations that account for a 

geochemical influence of carbonate coastal geologies. This is crucial to inform the 

current responses of biogeochemical systems and how different exposures and 

erosive forces are altering weathering (Legge et al., 2020), but also contextualise 

geologic records and how they were influenced by carbonate geologies exposed at 

the time. This then removes the reliance for such bias assumptions of weathering 

rates in future estimations, which apply homogenous shallow-water geologies 

(Baldry, Mountford and Greenwood, 2017). 

 

Observations improve the accuracy but also satisfy the continued call for increased 

spatial resolution in models, to capture coastal environments and hence the 

geochemical response to alternate geologies (Ranasinghe, 2020). This, alongside 

improvements to models to embed more adaptability to the spatial weathering 

variance, will enhance the accuracy of predictions and improve regional applicability 

by removing a global generalisation. 

 

Ultimately, refining the scales of carbonate weathering will improve our 

understanding of resilience and its evolution. This is important for direction of carbon 
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sequestration efforts and current carbon potential storage capacity of a range of 

environments, including shallow seas and continental shelfs (Legge et al., 2020; 

Gattuso et al., 2018; Smale et al., 2018). Additionally, the coastal interface of 

weathering influence and level of responsivity makes carbonate weathering an 

important consideration for species health and migration and resultantly the biology 

pump (Hofman and Schellnhuber, 2009).  

 

Hence, this research informs potential avenues of geoengineering, to the benefit of 

carbon draw-down and ecological function. Locating, quantifying and modelling the 

influence scale of carbonate weathering provides opportunity to contribute to efforts 

that already seek to alkalise the oceans with carbonate weathering (Taylor et al., 

2015), apply carbonate weathering locales as vulnerable species refuge migrations 

(Gazeau et al., 2007), and potentially utilise these buffered environments for 

aquaculture currently reliant on input of artificial CaCO3 (Ellis, Urbina and Wilson, 

2016). 
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6. Appendices 
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Figure 6.A; RCP CO2 Concentrations 

 Figure shows the data used to input rate of CO2 increase for RCP experiments. Data downloaded from RCP Database 2009 (iiasa.ac.at) 
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A 

B 

Figure 6.B Model Configuration Maps  

Figure shows the sediment configuration used in FAKE WORLD configuration. (A) shows the topography of sediment 
while (B) shows the surface sediment CaCO3 composition after initial 50kyr equilibrium spin up. 
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