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Abstract

Fjords act as palaeoenvironmental archives, recording past glacial histories in
remarkably thick sediment accumulations. Furthermore, high primary productivity
combined with rapid burial make fjords important organic carbon sinks.
Reconstructing recent rates of sediment accumulation provides context for
assessing past and future changes, and, in combination with measurements of
carbon content, can inform on carbon sequestration potential. Recent research
has indicated that fjords may represent areas of high carbon burial. However,
these estimates are based on surface sediment carbon stocks combined with
global averages of carbon preservation, without consideration of regional
variability in burial efficiencies.

Here, seven sediment cores from three fjords on the Antarctic Peninsula are
analysed. 2°Pb, a radio-isotope with a half-life of 22 years, is used to construct
age-depth models and estimate rates of sediment mass accumulation. These
data are then combined with measurements of core carbon content to estimate

rates of modern carbon deposition and long-term carbon burial.

Core-averaged sediment mass accumulation rates ranged from 0.08 to 0.42 g
cm2yrt. No long-term trends in accumulation rates were observed at any of the
sites over the past century, though in Borgen Bay synchronous peaks in
sedimentation rates were observed at similar ages across different sediment
cores. At Marian Cove, South Shetland Islands, the typical proximal-distal
gradient in accumulation rates was absent, suggesting a diverse source of
sediments, most notably the input from pro-glacial meltwater streams from land-

terminating ice.

Surface deposition rates of organic carbon ranged from 3 to 26 g C m?2 yr?,
However, whilst surface sediment organic carbon flux was high, burial efficiencies
were found to be significantly lower than those previously reported for other sites
on the continental shelf, resulting in similar rates of long-term storage. This has
important implications for our understanding of the carbon sequestration potential
of high-latitude fjords.
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Chapter 1: Introduction

1.1 Background and Research Aims

The Antarctic Peninsula is a region of global significance regarding climate
change, sea-level rise, and biodiversity (Barnes et al., 2020; Grange & Smith,
2013; Hock et al.,, 2009). Atmospheric temperatures have risen at a rate
unparalleled elsewhere, with an increase of up to five times the global average
(Turner et al., 2014). This, along with changes in oceanographic regime, has
resulted in the widespread loss of ice-shelves (Cook & Vaughan, 2010) and the

acceleration and retreat of glaciers in the region (Cook et al., 2016).

The Antarctic Peninsula ice sheet is primarily drained by steep, fast flowing
tidewater glaciers, typically terminating into fjord systems. These are generally
separated from adjacent shelf waters by one or more entrance sills, and as such
act as natural sediment traps, preserving glacial sediment histories and providing
important habitat for benthic species (Bianchi et al., 2020). Fjord systems on the
West Antarctic Peninsula are typically highly productive, with fjord basins
exhibiting substantially higher benthic megafaunal abundance than the open
shelf (Grange & Smith, 2013).

The carbon sequestration potential of fjords has traditionally been overlooked in
favour of more productive ecosystems such as mangrove swamps, seagrass
beds and salt marshes, however recent studies have highlighted the importance
of fjords in the global carbon cycle (Smith et al., 2015) and the potential of
Antarctic fjords in mediating climate warming trends (Barnes et al., 2020). As ice
retreats and new habitat is uncovered, these fjords may play an important role in
mitigating climate change through the sequestration of ‘blue carbon’ (Nellemann
et al., 2009) acting as a negative feedback on climate change (Barnes et al.,
2020). Sediment yield and accumulation plays a dynamic role in this process by
limiting productivity (Grange & Smith, 2013) while conversely increasing the
percentage of captured carbon being successfully sequestered (Betts & Holland,
1991).
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Sediment accumulation in tidewater glacier adjacent fjord systems is still
relatively poorly understood and is influenced by various factors including
geometry and oceanographic regime, climate, meltwater processes and
sediment resuspension (Domack & Ishman, 1993; Eidam et al., 2019). Accurate
estimations of modern sediment mass accumulation rates are important for
informing reconstructions of past environments (e.g. Cowan et al., 2014),
estimations of erosion rates (e.g. Koppes et al., 2015), and providing context for
past and future changes in glacial dynamics (Boldt et al., 2013). Furthermore,
when combined with measurements of sediment composition (e.g. carbon
content), they can provide estimates of burial rates, important for calculating
global marine budgets and informing biogeochemical models and

palaeoceanographic reconstructions.

This study reports sediment mass accumulation rates and carbon fluxes in three
glacimarine fjords on the West Antarctic Peninsula, and in doing so aims to:

e Determine modern rates of mass accumulation to provide context for past
and future change

e Assess spatial and temporal variations or trends in mass accumulation
rates and their causal factors

e Determine carbon deposition, burial rates, and burial efficiencies, and
compare these with other sites in the region, and other fjords around the

world.

1.2 Fjord Systems: A Review

Fjords are deep mid- and high-latitude estuaries that are excavated by glacial ice.
They are typically long and narrow with steep sided inlets, though exhibit diverse
morphologies ranging from simple straight troughs to branching, intricate systems
(Domack & Ishman, 1993). Entrance sills are often present, which act to inhibit
bottom currents and thus provide a degree of isolation from regional
oceanographic conditions, resulting in complex and variable circulation patterns
(Howe et al., 2010). Sills also act to trap sediment, allowing remarkably thick
accumulations of up to hundreds of meters (Andrews et al., 1994).
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Figure 1.1. Physical and biological processes in polar and subpolar fjords.

Author’s own work.

1.2.1 Glacial Retreat in Fjords

Glacial retreat in fjords occurs primarily by subaqueous (basal) melt and ice-front
calving (Benn et al., 2007; Rignot & Jacobs, 2002), with additional ice loss from
surface ablation (Cook et al., 2005). Rates of basal melting are dependent on
water temperatures at the marine-ice interface, the delivery of this water to the
front, and the effectiveness of heat transfer across the water-ice boundary layer
(Truffer & Motyka, 2016). These factors are highly spatially variable, explaining
how glacial retreat rates can differ remarkably across a short spatial scale despite
relatively similar climatic conditions. Cook et al. (2016) demonstrated a strong
correspondence between mid-depth ocean temperatures and glacier front
changes along the western coast of the Antarctic Peninsula using satellite and
aerial imagery data. They showed that glaciers terminating in the relatively warm
Circumpolar Deep Water (CDW) in the southern region of the Antarctic Peninsula

exhibited greater ice loss than those terminating in the cooler Bransfield Strait
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Water (BSW), a mixture of CDW and Shelf Water (SW) from the Weddell Sea, in

the northern region of the Antarctic Peninsula.

On a local scale, the delivery of this warmer water to the glacier front is highly
dependent on fjord morphology and the position of the grounding line of the ice.
Where large submarine troughs are present, warmer, deeper water can readily
access the ice front and produce enhanced basal melting, whilst this process is
limited by the presence of one or more entrance sills (Pritchard et al., 2012).
Similarly, the position of the ice grounding line and interior fjord geometry can
have profound effects on glacial retreat, with the presence of submarine cavities
greatly enhancing heat transfer and subsequent melting (Smith et al., 2017). Melt
water plumes, driven by the positive buoyancy of meltwater, are the primary
process driving the effectiveness of heat transfer across the water-ice boundary

layer, and are strongly influenced by local geometry (Werner et al., 2018).

Ice-front calving is another key driver of glacial retreat in fjords. Calving occurs
where fractures on the ice sufficiently propagate to isolate ice blocks from the
main body of the glacier, which can occur by several methods (Benn & Astrom,
2018), principal of which are a down-stream change in resistance from the glacier
bed, undercutting by basal melting, and torque arising from buoyant forcing.
Thus, calving is most common where glaciers reach deep water or flow into a
wider part of the fjord (Bianchi et al., 2020), and the rate of calving is heavily

dependent on fjord morphology.

1.2.2 Hydrography in Fjords

Fjord hydrography - the processes of tides, Coriolis force, internal waves, and
jets — is relatively poorly understood in Antarctic fjords but has been studied
extensively in northern latitude fjords. Estuarine circulation is common in fjords:
in summer, fjords are strongly stratified, with a layer of cold glacially-sourced
freshwater overlying warmer salty oceanic water (Bianchi et al., 2020). This
strong density gradient inhibits vertical mixing, thus decoupling the surface
circulation from circulation at depth, and generating a pressure gradient causing
outward surface flow. This is compensated by the inward flow of ocean water at

mid-depth, with the resultant velocity shear inducing upward transfer of salinity
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and volume via entrainment (Llanillo et al., 2019). Further water exchange
between the fjord and the surrounding shelf waters is caused by low frequency
density fluctuations at the fjord mouth. These pulses of ventilation are associated
with depressed isopycnals, originating with a negative density anomaly and
positive bottom pressure anomaly, preceded by along-shore, down-welling

favourable winds on the shelf (Jackson et al., 2014).

Glacier-ocean interactions are an important control on internal fjord circulation,
with significant buoyancy-driven flow from meltwater discharge (Cape et al.,
2019). Meredith et al. (2022) have demonstrated that ice calving events may lead
to significant mixing through the observed propagation and breaking of internal
tsunamis, which is estimated to represent a process of equal magnitude to wind

forcing in driving shelf mixing on the West Antarctic Peninsula.

The interaction between tidal action and fjord topography is another key driver of
mixing in glacimarine fjords. Mortensen et al. (2011) identify the Subpolar Mode
Water as an important local heat source for fjords around the Greenland Ice
Sheet, with primary heat transfer being a result of deep tide-induced mixing at
the outer sill region. In shallower systems, mixing is primarily a result of local wind
stresses on surface waters, and in such circumstances ventilation of fijord bottom
waters can be as rapid as 2.7 days (Gustafsson & Bendtsen, 2007). Sea ice
formation and the resulting destabilizing buoyancy fluxes via salt rejection also

result in some, albeit minor, mixing of water masses (Fer & Widell, 2007).

1.2.3 Sedimentation in Fjords

Terrigenous sediment production and accumulation in polar and subpolar fjords
is driven by glacial erosion, and the subsequent delivery of these products to the
fijord basin (Koppes et al., 2015). This is modulated by meltwater production, with
increased meltwater resulting in a reduction in effective basal pressure and
increased erosion (Benn & Evans, 2010). As such, the nature of glaciation at the

head of the fjord dictates mass accumulation rates therein (Boldt et al., 2013).

Mid-latitude glaciers typically produce far greater sediment yields than sub-polar

and polar glaciers, resulting in a latitudinal gradient of fjord mass accumulation
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rates (Boldt et al., 2013). Furthermore, under changing climatic conditions fjords
can transition from one type of system to another, which will be reflected in down-
core mass accumulation rate variation. However, direct inference of glacial
history from changes in sediment accumulation rates is complicated by the varied
response of different systems to external forcings, with site specific factors often
overriding general trends (Boldt et al., 2013). For example, an increase in
sediment accumulation rate can be a result of both rapid deglaciation (Koppes &
Hallet, 2006), and glacial advance during surging events (Humphrey and
Raymond, 1994). This matter is complicated by the fact that as a glacier retreats
(or advances) the distance from the core site to the glacier front will change,
resulting in decreased (or increased) sediment reaching that location before
settling. As such, even in sites with documented glacier retreat, there may be no

apparent change in sediment accumulation rates (e.g. Boldt et al., 2013).

Subsequent deposition and redistribution of these sediments is driven by
bathymetry, bay geometry and oceanographic regime (Domack & Ishman, 1993).
Sedimentation in glacimarine settings is dominated by meltwater processes and
ice-rafting. Sediment laden meltwater is discharged from the base of the glacier
front, and its subsequent vertical trajectory is determined by its turbidity (and thus
density). Generally, the meltwater is much less dense than the ambient seawater,
and so rises as a positively buoyant forced plume. Upon reaching the surface it
spreads as a radial surface gravity current (overflow), with sedimentation
occurring according to grain-size and flocculation (Mugford & Dowdeswell, 2011).
This typically results in drapes of sediment, conformable to the bottom
topography (Bianchi et al., 2020). In cases of exceedingly high turbidity underflow
currents can form (Mulder & Syvitski, 1995), or, under certain hydrographic
regimes deep (saline) water can become entrained within submarine cavities,
with consequent melting and sediment entrainment leading to the formation of
intermediate-depth ‘cold tongues’ (Domack & Williams, 1990). Subsequent
trajectory of these deeper flows (and thus sedimentation patterns) is dictated by
fiord bathymetry, whereby submarine sills can limit dispersal, and, along with
gravitational processes, cause ponding in bathymetric lows. Sediment rafting on
ice-bergs is also an important mechanism by which coarser sands and gravels
can be transported significant distances from the glacier terminus (Vermassen et
al., 2019).



14

Bay geometry also plays an important role in determining sedimentation patterns.
Fjords with a linear geometry (high length to width ratio) typically exhibit relatively
simple sedimentation patterns, with deposits thinning exponentially down-fjord
(Syvitski et al., 1985). Limited iceberg dispersal due to a barrier effect, whereby
drifting ice accumulates at the narrow glacier terminus, results in low ice-berg
rafted debris content towards the fjord mouth. The narrow width of these systems
also limits the Coriolis effect, and the establishment of eddy circulation, further
simplifying sedimentation patterns (Domack & Ishman, 1993). In fjords with
complex bay geometries however, distinct intra-bay oceanographic regimes
develop that result in the separation of terrigenous and biogenic material; mid-
and deep-water turbid cold tongues and Coriolis deflection cause terrigenous
sediments to accumulate in the inner fjord and along the western edges, whilst
warm outer bays favour the productivity of phytoplankton in surface waters, with
subsequent facies consisting of siliceous muds with ice-rafted debris (Domack &
Ishman, 1993).

However, these typical patterns of fjord sedimentation are not always apparent.
Eidam et al. (2019) found sedimentation rates in Andvord Bay to be highly
spatially variable, interpreted to be the result of diverse sources of sediment input
acting to dampen the typical proximal-distal gradient. Furthermore, Munoz and
Wellner (2016) found an inverse relationship in Flanders Bay (West Antarctic
Peninsula), with grain-size typically coarsening down-fjord, attributed to

winnowing from currents adjacent to the fjord mouth.

1.2.4 Carbon in Fjords

Fjord systems are carbon burial hotspots, burying the largest amount of carbon
per unit area in the world (Smith et al.,, 2015), and thus are considered key
components of the global carbon cycle. Carbon in fjords can be divided into the
autochthonous and allochthonous component. The autochthonous component
(i.e. produced in situ) is derived primarily from phytoplankton production, with
smaller contributions from macroalgae and sea ice-algae, whilst the
allochthonous component is sourced from terrestrial plant tissue, petrogenic

sediments, and glacier discharge (Berg et al., 2021; Cui et al., 2016).
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Annual phytoplankton primary productivity is strongly related to light availability,
driven primarily by the duration of the growing season (Eilertsen & Degerlund,
2010) as well as seasonal sea ice cover (Rysgaard et al., 1999) and turbidity
(Cloern et al., 1987). Further interannual variation occurs as a result of variable
supply of freshwater and the inflow of seawater resulting in variations in the mixed
layer depth and stability (Costa et al., 2020; Hegseth & Tverberg, 2013). Nutrient
availability also plays a key role in driving variations in phytoplankton production,
with iron, required by phytoplankton for photosynthesis and nutrient assimilation,
being the main limiting factor on phytoplankton growth during the summer months
(Henley et al., 2020). This is highly spatially variable, with iron tending to be
higher in regions with high rates of glacial melt and iceberg calving due to the
release of iron-rich terrigenous material (Van der Merwe et al.,, 2019).
Macronutrient (nitrate, phosphate and silicic acid) availability can also limit
phytoplankton growth (Moore et al.,, 2013). On the West Antarctic Peninsula
phytoplankton assemblages are dominated by diatoms, and productivity is
characterised by intense periods of growth, known as blooms (e.g. Costa et al.,
2020).

The organic carbon (OC) fixed from CO2z by primary producers can then follow
various pathways, eventually being either sequestered in the sediment, or, more
commonly, broken down by microbes and re-released to the atmosphere as CO:2
or sequestered in the deep ocean as refractory dissolved organic carbon (Henley
et al., 2020).

A small, but highly variable fraction of phytoplankton biomass can sink and be
directly sequestered (Ducklow et al., 2007), whilst a greater proportion is grazed
by zooplankton (Arendt et al., 2016). Zooplankton faecal pellets represent an
important pathway for carbon sequestration. In the West Antarctic Peninsula krill
are the dominant zooplankton, and population dynamics closely track diatom
blooms. Owing to both the relatively large size of krill faecal pellets (and thus
rapid sinking speed) and their occurrence in large swarms, a high proportion of
krill faecal pellets (and the OC contained within) avoid fragmentation and
ingestion and successfully sink to the seafloor (Belcher et al., 2019). Another key

component of carbon sequestration in Antarctic fjords is via consumption by



16

benthic organisms (Ziegler et al., 2020), both infaunal (Zwerschke et al., 2022)

and epifaunal (Barnes et al., 2020).

Allochthonous OC can constitute a significant portion of sedimentary carbon in
fiords. In low latitude glacimarine fjords the transport of biomass and the erosion
of active terrestrial soils can contribute over half of OC buried in fjord sediments
(Cui et al.,, 2016; Zaborska et al., 2018), although this source is limited in
Antarctica due to sparse vegetation cover and shallow or non-existent organic
soils. Furthermore, supraglacial algae can fix carbon, which is then entrained
within the meltwater and transported to the marine environment, where it may
subsequently be buried within fjord sediments (Lamarche-Gagnon et al., 2019;
Stibul et al., 2015; Yallop et al., 2012). Although this process is again more
prominent at lower latitudes, substantial algal blooms have been observed on

glaciers in the West Antarctic Peninsula (Gray et al., 2020).

Petrogenic OC, which has been sequestered in sedimentary (or metamorphic)
rocks for millions of years, represents another important source in fjord
sediments, as it can be eroded by glacial action. When exposed, some of this
may be remineralised and released to the atmosphere as CO2, while some will
be exported into the marine environment where it may be re-buried, contributing
to the standing stock of OC in the sediment (Berg et al., 2021). In one sub-
Antarctic fjord (Cumberland Bay, South Georgia), Berg et al. (2021) found that up
to 60% of fjord sediment OC was of petrogenic origin, with highest levels found
proximal to the present-day calving front. It is important to note that whilst modern
terrigenous and marine OC represent a potential sink for atmospheric COz,
petrogenic OC is at best neutral (if successfully re-buried), or, if remineralised, a

source.

For carbon that reaches the seafloor to be successfully sequestered it must be
further buried below the activity of the microbial loop (Henley et al., 2020). Benthic
remineralisation of OC follows a progression of distinct metabolic pathways as
electron acceptors become utilised and depleted (Canfield & Thamdrup, 2009),
the order of which is consistent, based on the thermodynamics (and efficiency)
of the processes (Froelich et al., 1979). This general order of utilisation creates

distinct redox zones within the sediment profile, termed the oxic, suboxic and
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anoxic zones; whilst there is some overlap, each successive process does not
begin in full effect until the electron acceptor for the proceeding process is
exhausted (Canfield & Thamdrup, 2009).

The oxic zone, where oxygen is freely available, is dominated by aerobic
respiration. Following oxygen depletion, in the suboxic zone, nitrate, manganese,
and iron reduction processes dominate, though due to the limited supply of these
species to ocean sediments these processes are typically not biogeochemically
important (Jgrgensen & Kasten, 2006). In the absence of oxygen, nitrate,
manganese and iron redox species, reduction via sulphate, which is widely
distributed in the ocean (Henrichs & Reeburg, 1987), becomes the primary
method of carbon remineralisation. This too decreases with depth as sulphate is
depleted, with the majority of sulphate reduction occurring at the top of the anoxic
layer (Jgrgensen & Kasten, 2006). On much longer timescales, where sediment
is buried deep below the anoxic layer, methanogenesis can occur, whereupon
methane slowly accumulates and diffuses upwards. Upon reaching the sulphate
layer it is oxidised to carbon dioxide. Rates of methanogenesis are typically low,
with estimates suggesting that 3-4% of global carbon flux to the seafloor

undergoes this process (Egger et al., 2018).

Thus, as OC is buried deeper within the sediment, the rate of remineralisation
decreases due to the efficiency of available redox processes, as a result of the
progressive depletion of the different electron acceptors. This is exacerbated by
the fractionation of the organic matter itself, whereby the more labile components
are preferentially respired, leaving behind only the more refractory organic
matter, which is inherently resistant to degradation (Burdige, 2007). Resultingly,
OC within the upper sediment layers is far more susceptible to remineralisation
whilst the OC buried at depth is likely to remain sequestered. Typically, after 80-
100 years carbon remaining within the sediment is likely to avoid further
remineralisation (Koziorowska et al., 2018), though ultimately this constitutes only

a small fraction of the carbon originally deposited.

There are various processes which may affect the fraction of OC that successfully
avoids remineralisation (burial efficiency) and becomes buried deep within the

sediment (sequestered). Processes influencing the depth of the oxic zone, and
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thus the length of time accumulating particles are exposed to oxygen and aerobic
respiration, are considered the most influential (Hartnett et al., 1998). The most
important parameters which influence the depth of the oxic zone are the O:2
concentration of bottom waters, flux of organic matter (higher fluxes result in more
rapid utilisation and depletion of oxygen), and sedimentation rate. Interestingly,
sedimentation rate has been found to be far more influential on OC burial rates
than the other two factors (Toth & Lerman, 1977; Miller and Suess, 1979;
Henrichs & Reeburgh, 1987; Canfield, 1989; Betts & Holland, 1991), due to the
rapid burial of freshly deposited material beneath the oxygenated layer (Arndt et
al., 2013). Another important process is the adsorption and co-precipitation of
dissolved organic carbon to iron (Bianchi et al., 2020): up to 20% of total organic
carbon in sediments may be bound to iron, indicating that such processes may

enhance long-term burial (Lalonde et al., 2012; Faust et al., 2021).

Macrofauna also play a role, acting to both increase and decrease carbon burial
efficiencies through conflicting processes. Bioturbation of sediments, through
burrowing and feeding activity, results in organic matter being repeatedly
exposed to oxygen when transported towards the surface, as well as introducing
oxygenated porewaters to greater depths (bio-irrigation) (Jgrgensen & Kasten,
2006). Furthermore, a process known as priming, whereby the introduction of
fresh organic matter to older deposits can stimulate the degradation of refractory
organic matter, is also considered important (Burdige, 2007). Conversely, though,
the production of tube linings, halophenols, or body structural products could act
to inhibit degradation (Arndt et al., 2013). Additionally, it has been hypothesised
that infaunal benthos may enhance the rapidity at which fresh organic matter is
buried below the oxic layer through physical downward transport (Zwerschke et
al., 2022).

In Antarctica, the sequestration potential of fjords may act as an important
negative feedback on climate change. Barnes et al. (2021) identify three potential
negative feedbacks on climate change in Antarctica: sea-ice loss, ice-shelf loss,
and glacier retreat. Sea-ice loss is identified to have the most sequestration
potential (60-100 Mt C yr1), with increased light penetration resulting in enhanced
phytoplankton blooms. Sub ice-shelf communities are typically sparse and slow

growing, limited by both nutrient and light availability: ice shelf disintegration can
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lead to substantial increases in productivity, which, along with the creation of new
habitat by dropstones (Ziegler et al., 2017), and ocean fertilisation by iceberg melt
(Duprat et al., 2016) is considered to have the sequestration potential for 4-40 Mt
C yr?, even after accounting for the negative impacts of iceberg scouring on
benthic communities (Barnes & Souster, 2011). Finally, glacier retreat is identified
as a smaller, yet poorly constrained negative feedback mechanism. As tidewater
glaciers retreat, new phytoplankton blooms occur driven by increased light and
nutrient input. Furthermore, new benthic habitat emerges from beneath the
previously grounded ice (Grange & Smith, 2013; Barnes et al., 2020), further
enhancing sequestration potential. Benthic organisms are likely to be particularly
effective at sequestering carbon, due to their inherent proximity to the seabed
(Zwerschke et al., 2022).

Over 90% of glaciers on the West Antarctic Peninsula are retreating (Cook et al.,
2016). Although this is a comparatively small amount of marine-ice loss
compared to the wider Antarctic Peninsula shelf seas, the setting in which it is
occurring (fjords) may allow for a disproportionately high level of carbon
sequestration, estimated at ~1 Mt C yr?! (Barnes et al., 2021). However, due to
limited experimental and observational data this is highly uncertain, and is
complicated by potential negative effects of glacier retreat on benthic
communities such as freshening and high sediment loads (Sahade et al., 2015),

and the release of carbon trapped in glacial ice (Legrand et al., 2013).

1.3%19Pb Dating

1.3.1 Principles of ?!°Pb Dating

210pp dating is a form of uranium-series dating concerned with the decay chain
from 21°Pb to 2%6Ph. Radon gas (*?°Rn) escapes from the earth’s crust and enters
the atmosphere, where it decays to the solid 2:°Pb. This is subsequently removed
from the atmosphere via precipitation, deposited into the water column, and
adsorbed onto suspended particulate matter. Upon burial, this sediment is closed
off from the supply of 21°Pb from the atmosphere and thus the system becomes
closed. ?19Pb is an unstable isotope of lead, and decays with a half of life of 22

years to form stable 2°6Pb. As such, the concentration of ?!°Pb in a particular
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sediment layer relative to surface concentrations can be used to provide an

estimate of the time that has elapsed since deposition occurred (Walker, 2005).

The use of ?19Pb as a geochronometer was first demonstrated by Golberg (1963),
who applied this theory to a core from the Greenland Ice Sheet covering a period
of roughly 20 years, with the data acquired in agreement with the stratigraphic
evidence at the site. This technique was further developed by Crozaz et al. (1964)
on Antarctic ice cores, demonstrating its viability over a span of around 200 years.
The first application of this technique to marine sediments was by Koide et al.
(1972) on varved deposits from the Santa Barbara basin, which provided a
robust, independent chronology against which the accuracy of ?!°Pb dating, and
the validity of assumptions concerning it, could be assessed. The results showed
a close correlation between the ages determined from 21°Pb dating and those
from the varves, demonstrating the suitability of the 21°Pb methodology for dating

marine sediments.

One complication that arises in the use of ?!°Pb as a geochronometer is the
presence of 219Pb within the soil that is not derived from atmospheric fallout. This
fraction of the ?1°Pb is continuously produced within the sediment column from its
parent radionuclide, ??°Ra, and is considered “supported” (Walker, 2005). This
process occurs in secular equilibrium and is thus time-independent and unusable
as a geochronometer. As such, the “unsupported” fraction of 2!°Pb, produced in
the atmosphere and then deposited and buried within the sediment (also known
as excess 219Pb, or 219Pbex), must be isolated from the supported fraction (Walker,
2005). This is typically achieved by the concurrent measurement of the activity of
226Ra in the sample which provides an estimate of the production of supported
210pp: after initial subsampling the sealed container is left for three weeks to allow
222Rn and its daughter nuclides to reach radioactive equilibrium and then the
activity of one of the daughter nuclides, 2**Pb, is measured (Kirchner & Ehlers,
1998). Alternatively, if the core is of sufficient depth that all 2'°Pbex has decayed
(indicated by consistent down-core values), total 2!°Pb values at the base of the
core can be taken as the supported fraction, and subtracted from measurements

of 210Pp for the rest of the core.
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There are three methods by which ?1°Pb can be measured: alpha spectrometry
(measurement of the ?1°Po activity); beta spectrometry (measurement of 2!°Bi
activity); and gamma spectrometry (direct ?!°Pb measurement based on the
emission of a 46.5 keV gamma photon). Both alpha and beta spectrometry
require destructive sampling methods; samples prepared for alpha are spiked
with 2%°Po and digested using perchloric acid and hydrofluoric acid (Zaborska et
al., 2007), whilst beta analysis relies on liquid scintillation (Bonczyk, 2013).
Gamma spectrometry, on the other hand, is non-destructive, in addition to
providing simultaneous measurements of other gamma-emitting radioisotopes
which can be used as an independent age validation, whilst being comparably
accurate to the other techniques (Appleby et al., 1986; Zaborska et al., 2007).

1.3.2 Age-depth Model Construction

In an ideal sediment profile, deposited under stable conditions in which there is
no variation in sediment accumulation rates or flux of 21°Pb to the sediment, an
age-depth model would simply be the profile of 21°Pb concentration along the core
as an exponential curve, described by the radiometric decay law (Sanchez-
Cabeza & Ruiz-Fernandez, 2012). In such settings one might apply the Constant
Initial Concentration (CIC) model (Goldberg, 1963), which works under the
hypothesis that 2°Pbex concentration contemporary to the formation of each
sediment layer is constant (i.e., each sample originally contained the same
concentration of 2'°Pbex, and any differences measured analytically are simply a
function of radiometric decay, and thus time since deposition). This model can be

described as:
P (1)

where t = age, A = the 2!°Pb decay constant of 0.03118 + 0.00017 yr* (DDEP,
2022), and Co and Cirepresent ?19Pbex concentration of the sediment at time of
formation (assumed to be equal to present surface concentrations) and at the

time of measurement, respectively, represented by the equations:

C(i,t=0)=% )
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cii)=c(,t= O)e_)lt = %e—)\t .

with f and r representing the flux of ?!°Pbex to the sediment and the mass

accumulation rate for a particular section (i), which can itself be considered as:

=T (@)
with m representing the dry mass of a section.
Table 1.1 Nomenclature of formulae included in the text.
Nomenclature Interpretation Unit
t Age of sediment yri
A 210pp decay constant yri
Co 210Phex concentration at time of Bq kg
formation
Ci 210ppey concentration at time of Bq kgt
measurement
f Flux of 21°Phex to sediment Bg m2yr?
r Mass accumulation rate kg m2yrt
m Dry mass of a section kg
k Constant
A(0) Total cumulative inventory of Bg m
210p ey
A(i) Accumulated deposit of 210Pbex Bg m2
below a particular sediment layer
S Core cross section m?

However, more sophisticated models are necessitated by the complicated

conditions that are found in the real world, with variable sedimentation rates
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impacting the initial concentration of %1°Pb in the sediment. In ?%Pb-limited
systems, if mass accumulation rate increases, and %1°Pb flux to the sediment
remains the same, then the concentration of excess 2°Pb will be reduced (in
effect being diluted by the extra sediment) (Sanchez-Cabeza & Ruiz-Fernandez,
2012). Conversely, if mass accumulation rate decreases, concentration of excess
210pp is enriched. Thus, mass accumulation rate is inversely proportional to the
concentration of excess ?1°Pb found within the sediment. Given the variable rates
of sediment production and low 2°Pb concentrations in Antarctic glacimarine
environments, the CIC model is considered to be unsuitable for the purposes of

this study.

The Constant Rate of Supply (CRS) model, on the other hand, operates under
the hypothesis that, on the timescale that 2'°Pb dating is concerned with (<200
years), there has been a constant atmospheric fallout of 21°Pb, and thus constant
rate of supply of unsupported 2°Pb to the sediment. It makes no implicit
assumption about mass accumulation rate or subsequent initial concentration of
210phey (Appleby and Oldfield, 1978). This hypothesis can be described as:

fi=f=k (5)

where k is a constant (which will vary from site to site). Under such an

assumption, the initial 21°Pbex for any sediment depth can be considered:

cGit=0)= 7L (6)

T

If we consider the dry mass of a section m, the accumulated deposit (A) can be

obtained by integration:

A= f:loC dm (7)

Thus, the CRS model describes the age of a sediment layer as:

1, A(0)
o = 3In74q (8)
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where A(0) represents the total cumulative inventory of 219Pbex through the entire
sediment depth and A(i) represents the accumulated deposit of 21°Pbex below a
particular sediment layer. When considering Eqgs. (3) and (4), A(0) can be

considered as:

A(0) = f/A 9)
and A(i) can be related to A(0) by:

A() = A(0)e (10)

Thus, to determine age (t), the 2%Pbex inventory of the entire core must be
determined. In some cases, where the core recovered spans a depth sufficient to
reach the point at which all 2%Pbex is decayed (i.e., where 2%Pbyotal = 214Pb), this
simply consists of determining the value at which this equilibrium is reached: the
cumulative 2*°Pbex value at that depth is A(0). It should be noted however, that as
radiometric decay is exponential, and analytical capabilities are limited, exact
equilibrium will never be measured; instead at some point an arbitrary value must
be considered as sufficient to represent equilibrium (typically 5% of surface
210Phey). However, in many cases insufficient core length is recovered, and
equilibrium depth is not reached, complicating determination of A(0). In such

circumstances, the missing ?!°Phex inventory can be determined in two ways:
a. The use of a reference date

This solution is possible if we can determine the age of a particular layer by other
means. Age can then be used to solve for the cumulative inventory below this

layer (j), in combination with the measured (incomplete) inventory of 21°Pbex (SA):

54

AG) = 2 (11)

This can then be used to solve for total core inventory:
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A(0) =0A + A()) (12)
b. Extrapolation

If the age of a particular layer cannot be determined by other means, equilibrium
depth and A(0) must instead be calculated by exponential regression analysis of
the slope of the region of radiometric decay of 21°Pbex. This is only suitable where
the activity vs depth profile does not significantly deviate from an exponential
relation in the lower part of the core.

The simplest way to then estimate mass accumulation rate for a given layer (r) is

through the expression:

o= Ami
L SAt;

(13)
where mjis the mass of a section, tiis the age of a section, and S is the core cross
section. However, due to the non-independence of age, significant uncertainties
are associated with the resulting mass accumulation rates (Sanchez-Cabeza et
al., 2014). A better strategy is to incorporate the relationship between flux of
210pp, initial 21°Pbex concentration and mass accumulation rates described in eq.
3, such that:

. AAp
r(@) = —75° (14)

where Ap represents the cumulative inventory below the section. For further
details on the specifics of 21°Pb modelling and the above equations the reader is
directed to Appleby (2001) and Sanchez-Cabeza & Ruiz-Fernandez (2012).

1.3.3 Independent Validation

Although these models provide a good estimation of age, independent validation
should be sought to both verify and iteratively improve them (Sanchez-Cabeza &
Ruiz-Fernandez, 2012; Smith, 2001). The most commonly used technique for
establishing age verification of ?'°Pb models is the use of the global fallout

radionuclides ¥’Cs, 23°*240py and/or ?**Am (Huh & Su, 1999). These isotopes
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were anthropogenically enriched by mid-20" century nuclear bomb testing,
reaching a maximum in 1963 prior to the international Partial Test Ban Treaty,
producing a signal which can be readily identified (Pennington et al., 1973).
Furthermore, from an analytical perspective this requires relatively few additional
resources as analysis is undertaken using the same gamma spectrometry
techniques as 2!°Pb analysis, simply adjusting for the alternate KeV lines.
However, these techniques are not always possible as global fallout
radionuclides are not always present in sufficient concentrations to be detectable
(e.g. Masqué et al., 2002).

Numerous alternative methodologies have been used to provide an independent
age validation. In sediments with a significant biogenic component the 4C
radiocarbon bomb pulse can be used, operating on the same principle of
identifying a signal from the 1963 nuclear bomb testing maxima (Scourse et al.,
2012). Natural events can be similarly used as a reference date, provided they
are well documented. Volcanic eruptions, for example, result in the deposition of
tephra, whilst earthquakes, floods, and tsunamis produce identifiable
sedimentary sequences (Sabatier et al., 2022). On a local scale, changes in
vegetation encoded in the pollen assemblage (Clark and Patterson, 1984), and
changes in pollutant levels (Ruiz-Fernandez et al., 2009) can potentially be traced
back to documented events such as changes in land-use or industry. These are
just a small subset of the potential techniques that can be used to independently
validate 2'°Pb chronologies, and each site will have different possible
methodologies depending on the sedimentary features resulting from

documented events and the analytical capabilities available.

1.3.4 Limitations of 2!°Pb Dating

Several limitations apply to 2!°Pb dating, arising from both analytical uncertainties
and misapplication of theoretical models describing the relationship between
210pp activity profiles and age. All methods of measuring 2°Pb (and other
radionuclides) have a limit of detection, arising from counting statistics and
background radiation (MacKenzie et al., 2011). Typically, alpha counting has the
lowest limit of detection (<1 Bq kg?), followed by well-type gamma detectors (<10

Bqg kgt), with planar type gamma detectors falling somewhere between the two,
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provided sufficient sample mass is available (Kirchner, 2011; MacKenzie et al.,
2011).

As 210Pp activity decreases exponentially (i.e., becomes infinitesimally small) the
measured total 2!°Pbex inventory of a core (A(0)), and the accumulated 2°Pb
inventory below a specific layer (Ai) will always be under-estimations of the true
values, as 219Pbex activity below the limit of detection will be missed. Such an
underestimation of A(0), will lead to a fixed, small overestimation of age
throughout the entire core. More problematically, the percentage underestimation
of Ai will increase systematically with depth, resulting in an artificial
overestimation of age that increases non-linearly with depth (MacKenzie et al.,
2011). Generally, ages older than 100-130 years should be treated with caution
(Barsanti et al., 2020; Binford, 1990). In addition, the uncertainties associated
with ages will also increase with depth. Due to the logarithmic nature of 2:°Pb
distribution within the sediment column, and the random nature of radioactive
decay, measured 2°Pb decreases with depth in the sediment column, such that
measurement and other errors increase relative to the measured values (Binford,
1990). This problem is exacerbated at sites with low 21°Pb flux and high

sedimentation rates which act to dilute 21°Pb activity.

The age at which this ‘dating horizon’ is reached will vary depending on the
specific detection limit of the detector used, and the mass and activity
concentration of the sample. The estimation of A(0) and Ai are further complicated
in instances where equilibrium depth is not reached, as discussed in the previous
section. However, even where it can be considered that equilibrium depth has
been reached in a core, the determination of the specific level at which equilibrium
depth occurs is complicated by these analytical uncertainties, potentially
introducing further error into the resulting age-depth model (Schirone et al.,
2022).

In addition to analytical errors, an incomplete understanding of the processes that
govern ?1%Pp distribution within a sediment profile can lead to the misapplication
of the theoretical models described above. Unlike analytical errors, these
uncertainties cannot be quantified, though can be significant (Smith, 2001).

Numerous processes can act to violate the assumptions of the various 2°Pb
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dating models; notably, diffusion and bioturbation resulting in post-depositional
mobility of 21°Pb, grain size effects, remobilisation of sediments, loss of surface
material during sampling, and erosional processes (Kirchner, 2011; Robbins &
Herche, 1993). For some of these problems the effects can be minimised by
additional descriptive models. The addition of a mixing model, for example, is
sometimes used to correct for bioturbation and physical mixing (e.g. Masqué et
al., 2002), though these require independent measurements of the depth of the
zone of mixing, and should be used with caution as even a small (~1cm) error in
this estimate can result in dating errors as high as 20-30% (Binford, 1990), whilst
the effect of ignoring minor mixing (<15% of the depth of the total 21°Pbex profile)
is negligible (Binford, 1990; Appleby & Oldfield, 1992). Other complications, such
as grain size effects, can be reduced by sampling procedures (e.g., sieving prior
to analysis). Some processes, however, are particularly difficult to quantify (e.g.,
loss of surface sediment during sampling or via erosive processes), but can result

in substantial error (e.g. Farmer et al., 2006; Olid et al., 2008).
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Chapter 2: Study Area

2.1 The Antarctic Peninsula

The Antarctic Peninsula (AP) is a long, narrow, and heavily glaciated mountain-
spine extending northwards from the main Antarctic continent. The eastern side
of the peninsula is colder, with extensive ice shelves, whilst the western side is
warmer and wetter with numerous marine-terminating glaciers (Cook et al.,
2016). Climate on the AP is dominated by the circumpolar westerly winds. The
region experienced rapid atmospheric warming (0.5°C per decade) over the latter
half of the 20" century (Turner et al., 2014), attributed to variations in the
Southern Annular Mode, resulting in a poleward shift of these westerlies in the
Indian Ocean sector and leading to a greater flow of mild air over the AP (Favier
et al., 2017). At the turn of the century there was a marked hiatus in warming
followed by a period of cooling, likely linked to the occurrence of stronger El Nifio
events (Oliva et al., 2017).

These westerly winds drive the flow of surface water in the Southern Ocean,
propagating the eastward flowing Antarctic Circumpolar Current (ACC).
Hydrographic conditions around the AP are in turn driven by interactions between
the ACC, atmospheric temperatures, bathymetry and cryospheric processes. The
western coast of the AP can generally be divided into two regions of distinct
hydrographical regime: the Bransfield Strait and the central WAP. The Bransfield
Strait is a deep (>2000m) basin running parallel to the coast of the AP, bounded
to the northwest by the South Shetland Islands (Gordon et al., 1978). The central
WAP shelf, on the other hand, is typically much shallower (~400m), with a number
of sloped troughs that deepen towards the coast (Moffat & Meredith, 2018).
These troughs allow for the intrusion of relatively warm and saline waters onto
the shelf, sourced from mid-depths (~200m) of the ACC, termed Circumpolar
Deep Waters (CDW). Whilst CDW is present in the Bransfield Strait, waters here
are dominated by contributions of colder fresh water produced in the Weddell Sea
(WSW) by seasonal sea-ice melting (Moffat & Meredith, 2018).
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In recent decades, warming and shoaling of the CDW within the ACC has resulted
in increased temperatures in both deep and surface waters on the central WAP
(Schmidtko et al., 2014; Meredith & King, 2005), whilst the Bransfield Strait region
has experienced weak to negative temperature trends over the same time period
(Moffat & Meredith, 2018). Observed spatial patterns in glacier front retreat,
notably a southerly increase and acceleration of retreat, have been used to infer
that oceanographic regime, rather than air temperatures (and surface ablation),
are the most important control on glacier stability in the region, due to basal
melting of ice-shelves and tidewater glaciers by intruding mid-depth ocean waters
(Cook et al., 2016).

Three sites were selected across the AP (Figure 2.1): Marian Cove, Boérgen Bay,
and Ryder Bay, encompassing a variety of fjord geometries, bathymetries, glacial
retreat histories, oceanographic regimes, and climates. Seven coring locations
were chosen in total, forming both a latitudinal transect between the fjords, and
transects within fjords, to provide representative coverage of Antarctic fjord
environments and to allow for an understanding of the differences between

different fjord systems, and the variability that exists within individual fjords.
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Figure 2.1. Overview of the AP. Stars indicate the three study sites: Marian Cove,
Borgen Bay, and Ryder Bay (north to south). Contour lines are at 500m intervals
and arrows indicate general circulation patterns of the ACC, CDW and WSW, as
described in Moffat and Meredith, 2018. Bathymetric data were sourced from
GEBCO (2022).

2.2 Marian Cove

Marian Cove (Figure 2.2), situated within Maxwell Bay on King George Island
(South Shetland Islands), is the most northerly study site. Four major tidewater
glaciers discharge into Maxwell Bay, with a total ice catchment area of 92 km?,
with the glacier at the head of Marian Cove contributing a catchment area of 15
km? (Munoz & Wellner, 2018). Contemporary mean surface air temperatures in
Maxwell Bay, recorded at Bellinghausen Meteorological Station, are around -2°c,

varying from +1.6°c in the summer to -6.9°c in winter. A positive trend in mean
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annual temperatures has been observed at Maxwell Bay from the period 1969-
2001, followed by a reduced rate of warming between 2001-2019. Sea ice is
typically present between July and October (Yoon et al., 1997). A relatively simple
circulation pattern exists within Maxwell Bay, with a west to east circulation
influenced by Coriolis deflection. Although the tributary fjords are too narrow for
direct interference by the Coriolis effect, the general circulation patterns of
Maxwell Bay are propagated into the fjords such that they exhibit the same
pattern (Yoo et al., 2015).

58°48.000"W

620141005 . 4 gt oo i f \ 62°14.100'S

T
58°48.000'W

Figure 2.2. Overview of Maxwell Bay. Red circles indicate coring locations of the
present study, yellow triangles represent coring locations of previous studies, and
black arrows indicate general ocean currents as shown in Monien et al. (2011).
Contours at 200m intervals were generated from bathymetric data sourced from
GEBCO (2022).
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Figure 2.3. Bathymetry (Retallick et al., 2021) and satellite-derived ice front

positions (Cook et al., 2014) of Marian Cove.

Marian Cove has a simple linear geometry, with a high length to width ratio and
a tidewater glacier at the head, eroded into a bedrock consisting of volcaniclastic
sediments intruded by Eocene granodiorite (Hur et al., 2001). In addition, various
valley glaciers terminate on land on the northern cliffs of Marian Cove, with
meltwater subsequently entering the cove via fluvial processes (Yoon et al.,
1998). The cove is separated from Maxwell Bay by an entrance sill, approximately
70m in water depth, and contains two deep basins (max depth ~120m), which
are also separated by a prominent sill feature (Figure 2.3). In the ice proximal
zone, four distinct water masses are present: a surface layer of cold and turbid
meltwater; a relatively warm inflow layer characteristic of general Maxwell Bay
waters; a turbid and cold mid-depth layer of subglacial origin; and a deep layer
comprised of remnant winter water (Yoo et al., 2015). Mixing between the waters
of Maxwell Bay and Marian Cove is promoted by tidal forcing over the entrance
sill. There has been no evidence of down-slope turbidity currents (Yoo et al.,
1999, 2000).
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Satellite data of ice front positions indicate that the tidewater glacier in Marian
Cove has retreated by around 1.7 km since records began in 1956 (Figure 2.3).
The glacier front position was relatively stable from 1956-1989, situated in
shallow waters and in a narrowing of the fjord geometry. Several small re-
advancements of the glacier front occurred during this time, notably in 1973, and
between 1986-1989. At some point between 1989 and 2003 the frontal position
then began to retreat across the deep, open water of the inner basin; retreat has

continued until the present day.

Previous work on sediment cores from Maxwell Bay have found sediment mass
accumulation rates (MARs) varying between 0.1-0.81 g cm2y* (Figure 2.2, Table
2.1). Direct comparison between results reported in different studies is difficult
owing to varying methodologies — Boldt et al., 2013, for example, used alpha
counting (a) to determine ?°Phex and calculated MARs from linear regression of
the logarithmic profile and dry bulk density, whilst Monien et al. (2011, 2017)
determined 2°Pbex activity from gamma spectrometry (y), and MARs from the
CRS model. Several of these studies, however, reported on sediment
accumulation rates from multiple cores, and general spatial patterns may be
deduced. In Boldt et al. (2013) the highest MARs are found in core KC21,
proximal to the ice front in Marian Cove (0.34-0.81 g cmyr1), which drops by
around half (0.11-0.44 g cm2yr?) in core KC22 in the central basin of the cove.
Similar rates are found in KC14 and KC23 (0.14-0.39; 0.18-0.21 g cm2yr?) at the
mouths of Collins Harbour and Potter Cove, respectively. At all sites a general
increase in sedimentation rate over time is observed. In Potter Cove, Monien et
al. (2017) found generally consistent rates, regardless of distance from the ice
front, increasing from around 0.1-0.4 g cm2yr? over time. Monien et al. (2011)
found relatively high MARs (0.2-0.66 g cm yr?) in the main basin of Maxwell
Bay, also increasing over time, with the periods of greatest acceleration in MAR
occurring in the periods 1940-1980 and 1995-2005. Mean surface 219Pbex
concentrations, where reported, range from 92-94 Bq kg* within Potter Cove
(Monien et al., 2017) to 239 Bg kg in the main basin of Maxwell Bay (Monien et
al., 2011).
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Table 2.1. Previously reported sedimentation rates for Maxwell Bay. Where a

change in MAR is reported both values are given. Core locations are shown in

Figure 2.2.
Core Study Technique MAR Surface B7Cs
210Pp ey
(gcm?  (Bgkg?)  (Bgkg?)
yrY)
KC21 Boldt et al. a 0.34- - -
(2013) 0.81
KC22 Boldt et al. a 0.11- - -
(2013) 0.44
KC14 Boldt et al. a 0.14- - -
2013 0.39
KC23 Boldt et al., a 0.18- - -
2013 0.21
PS Monien et al., Y 0.2- 239 Not
69/335-1 2011 0.66 detected
K44 Monien et al., % 0.18 92 Not
2017 detected
P03 Monien et al., Y 0.10- 94 Not
2017 0.40 detected
P09 Monien et al., % 0.15- 94 Not
2017 0.49 detected

In addition to sediment cores Monien et al. (2017) also report suspended particle

matter (SPM) concentrations in water masses and accumulation in sediment

traps in Potter Cove. They identified spatial patterns in SPM, with the south-

western region of the cove experiencing the lowest water turbidity and

accumulation in traps, and the eastern inner-region showing the highest turbidity

and accumulation. These patterns are associated with the general circulation

patterns in Potter Cove, with clear water flowing into the cove from Maxwell Bay,

mixing with the very turbid water at the glacier front, and then flowing out of the

bay along the south-eastern flank. High turbidity and accumulation in traps were

also found in-front of the meltwater streams in ice-free areas along the cliffs near
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the mouth of Potter Cove. A comparison between SPM in the traps Potter Cove
in the upper water column (5m) and the lower water column (20m) suggests that
up to 50% of SPM remains within the surface overflow and is exported out of the

inner cove.

Yoon et al. (1998) found similar spatial patterns of sedimentation in Marian Cove,
with the highest SPM concentrations occurring at the mouth and northern edge
of the fjord, where glaciers commonly terminate on land, developing humerous
meltwater streams. SPM concentrations in the surface water in Marian Cove were
much higher than those in Maxwell Bay, and showed distinct spatial patterns, with
peak SPM gradually decreasing southeast-wards, suggesting that Marian Cove
is likely the most important sediment source within Maxwell Bay (Yoon et al.,
1998). Within the water column of Marian Cove SPM decreases with depth,
except for a pronounced turbid mid-depth layer (cold tongue) found only in the
inner basin (Yoo et al., 2015). Significantly different morphological features of
sediments within these two layers (surface and mid-depth) suggest that the
suspended sediments in the mid-depth layer were transported by a horizontal
buoyant plume, originating at depth from the marine-terminating ice front, as

opposed to vertical settling of the supraglacial meltwater plume (Yoo et al., 2015)

2.3 Borgen Bay

Borgen Bay (Figure 2.4) is a 40 km? fjordic embayment on the southern coast of
Anvers Island (Palmer Archipelago). It is divided into a wider but shallower sector
to the west, and a narrower and deeper sector to the north, with tidewater glaciers
present at the head of both sectors. Entrance sills at a depth of around 120m are
present for both sectors, and in the northern sector water depths rapidly increase
to over 300m in a bathymetric basin behind the sill (Figure 2.5). The mouth of the
bay opens out to the Neumayer Channel and Wiencke Island to the south, beyond
which lies the intersection of the Gerlache and Bismarck Straits. Unlike Marian
Cove, Borgen Bay is relatively understudied, and as such its hydrographic regime
and sedimentation rates are relatively unknown, though intrusions of CDW have

been observed (K. Sheen, pers. comms).
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Figure 2.4. Overview of Borgen Bay and surrounding region. Red circles indicate

coring locations of the present study and yellow triangles represent coring

locations of studies reported in Table 2.2. Contours at 200m intervals were

generated from bathymetric data sourced from GEBCO (2022).
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Figure 2.5. Bathymetry (Retallick et al., 2021) and satellite-derived ice front
positions (Cook et al., 2014) of Borgen Bay.

The closest meteorological station to Boérgen Bay, at Vernadsky/Faraday
Research Base, recorded the greatest increase in temperatures of all Antarctic
Peninsula meteorological stations over the 20™ century (Turner et al., 2005), with
a warming trend of 0.32°C/decade in 1979-1997, though more recently has
recorded a shift to a cooling trend of -0.47°C/decade from 1999-2014 (Turner et
al., 2016). The hydrography of the nearby Gerlache Strait represents a gradient
between the two distinct deep-water regimes of the central WAP shelf to the
south, dominated by warmer upper CDW, and the relatively cooler waters of the
Bransfield Strait to the north (Lundesgaard et al., 2020).

Satellite data for Borgen Bay (Figure 2.5) indicate that similar to Marian Cove,
glacier retreat has occurred in step-wise fashion. The first available satellite data
(1955) indicates an ice front position close to the bathymetric sill at the mouth of
the northern sector of the bay. By 1956 the ice-front appears to have retreated
by 0.4 km, to a position where it remained relatively stable until 1978, possibly
due to the narrow geometry of the fjord at this location. Sometime after 1978 the
ice-front rapidly retreated another 0.8km to its 1989 position, followed by another
period of relative stability until 1997. Further retreat, of around 0.5 km, then
occurred between 1997 and 2003, followed by a stable front position until 2010,
and then subsequent rapid retreat (of around 1 km) to its current position.

Previously reported sedimentation rates for the surrounding region (Table 2.2)
range from 0.06 g cm2 yr! (open waters in the Gerlache and Bismarck Straits)
(Isla et al., 2002) to 0.56 g cm2yr'in Andvord Bay (Eidam et al., 2019). There
have been no previous studies on sedimentation rates within Bérgen Bay or the

Neumayer Channel.
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Table 2.2. Previously reported sedimentation rates for sites close to Bérgen Bay.

Core locations are shown in Figure 2.4.

Core Study Technique MAR Surface 137Cs
2:I'OIDb(-Z‘X
(9cm?  (Bgkg') (Bgkgh)
yr)
B187 Isla et al., a 0.064 1000 -
2002
B191 Isla et al., a 0.093 500 -
2002
B192 Isla et al., a 0.063 250 -
2002
CRS177 Eidam etal., a 0.38 - Not
1 2019 detected
CRS177 Eidam etal., a 0.45 - Not
2 2019 detected
CRS182 Eidam etal., a 0.29 - Not
4 2019 detected
CRS179 Eidam etal., a 0.56 - Not
1 2019 detected
CRS175 Eidam etal., a 0.5 - Not
1 2019 detected
CRS184 Eidam etal., a 0.24 - Not
0 2019 detected
CRS181 Eidam etal., a 0.44 - Not
4 2019 detected
CRS182 Eidam etal., a 0.2 - Not
9 2019 detected
CRS178 Eidam et al., a 0.23 - Not
0 2019 detected
CRS180 Eidam etal., a 0.23 - Not
5 2019 detected
CRS174 Eidam et al., a 0.15 - Not
9 2019 detected
CRS183 Eidam et al., a 0.37 - Not
6 2019 detected
KC29 Boldt et al., a 0.27 - -
2013
KC57 Boldt et al., a 0.44 - -
2013

2.4 Ryder Bay

Ryder Bay (Figure 2.6) is a shallow and wide coastal embayment on the south-

eastern edge of Adelaide Island, in the northern part of Marguerite Bay. There
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are no significant transverse ridges in Ryder Bay, though bathymetry is
nonetheless complex (Figure 2.7), with several raised sections and a notable
deep basin (>500 m) landward of the sampling site. The bedrock of Ryder Bay is

primarily comprised of granodiorite (Brimhall et al., 1988).
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Figure 2.6. Overview of Ryder Bay and surrounding region. Red dot represents
coring location, and black arrows indicate general circulation patterns after Webb
et al. (2020). Contours at 200m intervals were generated from bathymetric data
sourced from GEBCO (2022).
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Figure 2.7. Bathymetry (Retallick et al., 2021) and satellite-derived ice front

positions (Cook et al., 2014) of Ryder Bay.

The hydrography of Marguerite Bay is heavily influenced by upper CDW, which
funnels into the bay via Marguerite Trough, a bathymetric low, and mixes with
overlying cold and fresh Antarctic Surface Water (AASW) to form modified upper
CDW which floods the shelf (Clarke et al., 2008). The open geometry of Ryder
Bay allows for water to be readily exchanged with Marguerite Bay, with a general
circulation pattern consisting of water entering to the south and flowing west past
Lagoon Island and Sheldon Glacier before exiting the bay to the east, south of
Rothera Point (Webb et al., 2020).

Atmospheric temperatures, recorded at nearby Rothera Research Station, have
shown the same pattern as the rest of the AP, with a rise in temperatures up until
the end of the 20" century followed by a cessation of warming, with a peak
occurring at around 1990. The ice front of the glacier in nearby Sheldon Cove
(Figure 2.7) was stable until around 1989, following which it rapidly retreated until

2003, where it remained relatively stable, slowly retreating to its current position.
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Chapter 3: Methodology

3.1 219Pb Age-depth Models and Sediment Mass Accumulation Rates

The seven sediment cores used in this study were collected over two cruises on
the RRS James Clark Ross. On the first cruise, JR18003, cores BB1, BB3, MC2,
and MC4 were collected, whilst on the second cruise, JR19002, cores BBO, MCO
and SCO were collected. In both instances a BAS Oktopus 12-core multicorer,
fitted with transparent core sleeves of 0.5m length and 9.4 cm diameter, was

deployed to retrieve the sediment cores (Figure 3.1).

Figure 3.1. Photograph of multicore deployment (source: JR18003 Cruise Report,
2019).

The 12 cores collected were processed and subsampled onboard according to
their intended analysis. The cores used for 21°Pb analysis in this study were
collected according to sampling procedures for sedimentation rate (BB1, BB3,
and MC2), organic carbon (MC4), and eDNA (BB0, MCO and SCO0). The onboard
sub-sampling procedure for the upper two centimetres differed between these
cores: for the eDNA and organic carbon cores, the cores were subsampled every
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0.5cm down to 2cm depth, whilst the sedimentation rate cores were subsampled
every other centimetre. Below 2cm depth the eDNA cores were subsampled
every 1cm down to 4cm depth, and then every 2cm for the rest of the core, whilst
the organic carbon cores were subsampled every 1cm down to 10cm depth, and
then every 2cm to the bottom of the core. The sedimentation rate cores were sub-
sampled every 1cm for the entirety of the core. The subsampling strategies for
the different cores are outlined in Figure 3.2. Sediment slices were then placed
in aluminium foil-lined petri dishes and stored in a freezer at -80°C. Samples were

procured for the present study in August 2021.

TOP TOP TOP
Every 0.5
;err ! 3 em Every
very 0.5
1iem 20 5 em
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Every
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BOTTOM BOTTOM BOTTOM
eDNA Sedimentation Organic carbon

rate

Figure 3.2. Multicore subsampling strategies.

The sediment slices in the petri dishes were transferred to glass vials and
weighed, freeze-dried for 48hrs, and then re-weighed to determine water content.
For the eDNA cores (BBO, MCO and SCO0), dry samples were then gently
disaggregated with pestle and mortar and passed through a 2 mm sieve to
remove the gravel fraction. The sediment was then placed in a standard
aluminium container, weighed, and subsequently sealed using electrical tape and
incubated for 21 days to restore radioactive equilibrium between ??°Ra and its
daughter isotope ?*Pb. The samples were then sent to Dr Martha Hall at the

Consolidated Radio-Isotope Facility (CoRIF) at the University of Plymouth for
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analysis using an EG&G Ortec Planar detector system, calibrated to a known
standard. Samples were counted for a minimum of 48 hours, and isotopes %'°Pb,
214pp, 241Am, and **’Cs were determined from gamma emissions at 46.5, 295.3,
59.5 and 661.6 KeV respectively.

Following successful determination of 219Pb activity in the eDNA core
subsamples, further subsamples from cores BB1, BB3, MC2 and MC4 were
prepared for analysis. Dry samples were gently disaggregated and passed
through a 0.5 mm sieve, packed into standard well-type radiometry vials, and
then sealed using melted wax and left to incubate for 21 days. Samples were
then sent to Dr Karen Leslie at the University of Exeter Geography Radiometry
Laboratory, where samples were counted for 48 hours in a HPGe well-type

detector, using the same KeV lines described above.

Dry bulk density of each sample was determined using water content, assuming
water density of 1.026 g cm= (with a porewater salinity of 0.035 g g*) and
inorganic sediment particle density of 2.65 g cm 3. Organic matter was low across
all cores (<1%), so no correction was necessary. The activity of ?1“Pb was
subtracted from total 219Pb activity to determine 2!°Phex activity concentrations,
which were then plotted against cumulative dry mass, rather than depth, to avoid
the shape of the profile being affected by variation in porosity along the core.
First, the data were assessed to determine the validity of applying an age-depth
model; all cores displayed a characteristic region of logarithmic decay, and thus
were deemed suitable (Appleby et al., 2001).

The depth of the surface mixed layer (SML) was identified as the depth at which
logarithmic decay begins, and the equilibrium depth was identified as the depth
at which ?1°Pbex is at or close to zero. In order to apply the CRS model, the entire
210ppey inventory of a given core must be known. Due to onboard sub-sampling
methodologies this was unable to be measured, and thus it was necessary to
interpolate missing values, as is standard in the literature (e.g., Barsanti et al.,
2020). An exponential regression model of 21°Pbex against cumulative mass depth
within the region of radiometric decay was applied to each core, and values were
interpolated from this model (or, if within the surface mixed layer, calculated as

an average of the values above and below). Furthermore, in cores which failed
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to penetrate to sufficient depth to reach equilibrium, this regression model was
used to extrapolate ?1°Pbex until equilibrium depth was reached. As radiometric
decay is exponential, and all analytical measurements contain some degree of
uncertainty, including background levels of radiation, measurement of 2°Pbex
activity will never reach zero (MacKenzie et al., 2011), and thus an arbitrarily low
value must instead be chosen — in this case, 5% of surface values (W. Blake,
pers. comms). This was corroborated by non-depth dependant (irregular)
variations in 21°Pbex activity below the interpreted equilibrium depth. The CRS

model, described in detail in section 1.3.2, was then applied to the ?1°Pbex data.

Uncertainties in the 219Pb activity concentrations, derived from counting statistics
and propagated by the quadratic propagation of uncertainty method, are
presented to one standard error. Mass accumulation rates (MAR) for the region
of radiometric decay were calculated following equation 14 of section 1.3.2.
Extremely low 2'°Pbex values were not included in calculation of mean MARs as
they have significant associated uncertainties, nor were they included in the

regression models used to interpolate and extrapolate missing 21°Pbex values.

Analytical errors were identified on the basis of 2'4Pb activity measurements.
214pp is produced in-situ and is in equilibrium with the unsupported fraction of
210pp. As such, it should remain relatively consistent down-core, and should
always remain lower than ?°Pbta. If either of these conditions are not met, a
sample was considered erroneous; this was the case for one sample (BB3 8cm),
and the value for this sample was instead interpolated.

3.2 Carbon Content

All laboratory analyses relating to the generation of data regarding carbon content
(percent weight) of the sediment cores were conducted by Dr Alejandro Roman-
Gonzalez; subsequent calculations and interpretations were conducted by the
author. The cores analysed were collected from separate multi-core tubes from
the same array (deployment) as those used for 2'°Pb analysis, and thus while the
age-depth models generated from the ?1°Pb data should be representative, small
differences in compaction during the coring process may result in minor age

offsets.
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The onboard subsampling process for the OC cores is outlined in Figure 3.2. The
core slices that were then used for carbon analysis consisted of the entire upper
2cm (0.5, 1, 1.5, and 2cm), 5cm, 10cm, and 20cm depth, as well as the lowest
recovered sample. The sediment slices were transferred to glass vials and
weighed, freeze-dried for 48hrs, and then re-weighed to determine water content.
The dry sediment was then homogenised and ~20mg was transferred to standard
elemental microanalysis d10-12 tin capsules, and analysed using a Carbon
Combustion Analyser at the University of Exeter Geography Radiometry
Laboratory. Measurements prior to- and after acid digestion provided
measurements of total carbon (TC) and total organic carbon (TOC); inorganic
carbon (IC) was calculated as the difference between the two.

In total, 52 samples were analysed for TC, with 24 of these being analysed for
TOC and replicated to determine measurement uncertainty. Upon data
acquisition, average IC was calculated for each core and subtracted from TC for
the 28 samples for which a direct TOC measurement was not available. IC was
low and invariable down-core for all cores (0.091+0.07 %), and thus this approach

was deemed suitable.
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Chapter 4: Results

4.1 21%pb Age-Depth Models and Sediment Mass Accumulation Rates

All cores recovered for analysis had a length in the range of 20-30cm, with the
exception of MC4 at 12cm, yielding 100 subsamples for analysis for radio-isotope
activities in total. Surface ?°Pb activities ranged from 84+8 Bq kg? (MC4) to
379126 Bq kg (BBO0), generally increasing away from the ice front within the
individual fjords. A surface mixed layer was present in five of the seven cores,

ranging in depth from 2 to 6 cm.

All cores exhibited a region of radiometric decay (Figure 4.1). In cores MCO, MC2,
MC4, and BB1 21°Pbex concentrations exhibited a consistent rate of decrease
throughout the entire region of decay (r? >0.7), whilst cores BB0, SCO and BB3
exhibited a marked change in the rate of decrease. Equilibrium depth was not
reached in cores MCO, MC4 and BB3, and thus 2!°Pbex concentration was
extrapolated in order to determine A(0). For MCO and BB3 a strong correlation (r2
= 0.96 and 0.70, respectively) through a reasonable number of data points (n =
10 and 8) led to relatively high confidence in the extrapolated data. Due to the
short length of MC4, however, only 4 data points were present within the region
of radiometric decay, and as such despite a significant relationship (p<0.05) and
strong correlation (r?2 = 0.96), the resulting age-depth model and MARs should be

interpreted with caution.

No peaks in the fallout radionuclides 13’Cs and ?**Am were detected in any cores
due to very low activity concentrations (and thus high relative uncertainties); this
is consistent with observations reported in other studies on the AP and precludes
independent validation of the age-depth models (e.g., Monien et al., 2011; Eidam
et al., 2019). All isotope data used to construct age-depth models and calculate

mass accumulation rates can be found in the appendix.
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Figure 4.1. 19Pbex activity concentration profiles. Black dotted lines represent the

interpreted surface mixed layer (top) and equilibrium depth (bottom). Horizontal

red-dotted lines indicate a change in the slope of exponential decay. For cores in

which equilibrium depth is not reached, the exponential regression curve used to

extrapolate values is represented by a red-dotted line. Error bars represent 10.

Open symbols represent interpolated values.
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The estimated ages (Figure 4.2) of the base of the cores ranged from 46 £2 (MCO)
to >111 years (BB0), and MARs (Figure 4.3) ranged from 0.04+0.02 g cm2 yr*
(base of SCO) to 0.75+0.11 g cm2 yr! (BB3). In Marian Cove, the highest rate
was found in core MCO (mean = 0.41+0.04 g cmyr1), outside the mouth of the
fiord, followed by the ice-proximal location, MC4 (mean = 0.15+0.02 g cm=2 yr?),
with the lowest MARs occurring in the mid-fjord core, MC2 (mean = 0.08+0.02 g
cm? yrt). There was no significant (p<0.05) relationship between MAR and

depth-in-core for any of the Marian Cove cores.
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In Borgen Bay the highest rates were found proximal to the ice-front in core BB3
(mean = 0.42+0.11 g cm? yrl), followed by the outer bay site BBO (mean =
0.24+0.03 g cm? yr1), with the mid-fiord site, BB1, again exhibiting the lowest
MARs (mean = 0.11+0.02 g cm2yr?). Although there was no linear relationship
between depth and MAR, general patterns in MAR, characterised by one or more

peaks at mid-depth, were observed in all three Borgen Bay cores.

From the base of BBO MAR steadily increased with depth up to a peak of
0.40+0.04/0.05 g cm? yrt at 10 and 8cm depth (calendar years 1985+2 and
1978+2), followed by decreasing MARs. A much smaller peak was observed at
14cm (1963), though was within the range of uncertainty (10) of the samples
above and below, and as such may simply be an artefact of analytical error. For
core BB1 MAR increased with decreasing depth, with the exception of a
pronounced peak at 8cm (1967+3) of 0.17+0.04 g cm?yr'. In BB3, MAR was
highly variable, with a peak of 0.75+£0.22 g cm?yr! at 12cm (1989+2). At 18 and
26cm (1978+2 and 1958+2) extremely low 2°Pbex values were observed,
corresponding to very high calculated MARs, though the magnitude of these
peaks had significant associated uncertainties and as such they were not
included in plots or calculations of mean MAR, represented instead with red
dotted lines as “episodic sediment delivery events” (Boldt et al., 2013). MARs for
SCO at Ryder Bay (mean = 0.10+0.02 g cm2yr1) exhibited a similar pattern, with
peaks of MARs of 0.15+0.02/0.03 g cm?yrtat 6cm and 3 cm depth (1987+5 and
2004+2), followed by decreasing MARs with depth.
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Table 4.1. Summary of relevant 21°Pb results for each core.

Core name Depth Latitude Longitude Distance from Surface SML Mean
ice front 210pp ex depth MAR
(m) () () (km) (Bgkg?h) # (cm) (@cm2yrt) t
Marian Cove
MCO 225 -62.220 -58.816 5.5 316 25 6 0.41 0.04
MC2 110 -62.214 -58.770 3 114 10 3 0.08 0.02
MC4 124 -62.207 -58.740 1.3 84 8 4 0.15 0.02
Borgen Bay
BBO 313 -64.765 -63.473 7.4 379 26 2 0.24 0.03
BB1 258 -64.741 -63.451 4.9 273 16 - 0.11 0.02
BB3 301 -64.717 -63.454 2.3 113 9 4 0.42 0.11
Ryder Bay
SCO 364 -67.598 -68.102 13 342 27 - 0.10 0.02
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4.2 Carbon Content

Concentrations of TOC were relatively consistent across all sediment cores, with
mean values ranging from 0.28-0.60 +0.02%, though varied significantly with
depth. Typically, profiles consisted of an upper-most section of relatively uniform
concentrations (2-5cm) followed by decreasing values with depth; in some cores
(MC2, BB3, and SCO0), however, no uniform upper section was present. Cores
MCO, MC2, and BB3 additionally exhibited a lower region of uniform
concentrations, though it is unclear whether the absence of such patterns in the
other cores was a result of low sampling resolution in the deeper sections (e.g.,
core SCO0). In cores SCO and BBO relatively uniform concentrations were
observed mid-depth in the core, with subsequent decreased values. Generally,
the highest carbon concentrations were found in the most ice-distal sites, and the
lowest in the ice-proximal sites. Between fjord systems, Ryder Bay exhibited the
highest concentrations, followed by Marian Cove, then Borgen Bay.
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Figure 4.4.

59

SCo

Depth {cm)
=
1
=

20 L]
T T T T T T
0.0 0.2 0.4 06 0.8 1.0

Total organic carbon (%)

Total organic carbon content. Where possible, error bars denote 10.



60

Chapter 5: Discussion

5.1 219Pb Age-Depth Models and Sediment Mass Accumulation Rates

Surface activity concentration of 2!°Phex depends on various factors, which can
be broadly categorized into factors controlling flux to the water column, and
factors controlling removal by, and deposition within, the sediment. 2:°Pbex flux to
the water column at any particular site is controlled by regional atmospheric
concentration of 2°Pb, processes controlling removal of 2°Pb to the water
surface (precipitation and dry deposition), and subsequent redistribution of these
210pp-enriched waters by ocean currents (Appleby, 2001). The fraction of this
210pp that then reaches the sediment and is deposited on the seafloor is
modulated by grain size (?!°Pb preferentially adsorbs to fine-grained particles),
sedimentation rate (dilution of 21°Pb), and residence time of both the particles and
the 219Pb-enriched water within the water column. Thus, spatial and temporal
variations in ?%Pbex surface activities are of interest independent of their
application in age-depth modelling, as they can inform on variations in local

conditions.
5.1.1 Marian Cove

The 2%Phex surface activity concentrations of the cores in this study varied
markedly. In Marian Cove, MCO surface ?1°Pbexwas 316+25 Bq kg, dropping to
113+10 Bq kg for MC2, and 84+8 Bq kg for MC4. A reasonable hypothesis to
explain this pattern would be increased sedimentation rates proximal to the ice-
front at the head of the fjord resulting in dilution of 2°Pbex. However, mass
accumulation rates for the three sites refute this, with MCO exhibiting the greatest
average MARs. Proximity to the retreating ice-front may still partially explain this
pattern, though instead due to the more proximal sites receiving coarser material
which less readily adsorbs 219Pb and has a lower residence time within the water
due to rapid sinking. However, as grain-size typically exhibits an exponential
relationship with distance from the fjord-head (Domack & Ishman, 1993), and
MC2 is already at considerable distance (3 km) from the ice front, further changes

in mean grain size towards site MCO will likely be negligible. Additionally, grain-
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size effects will be limited by the sample preparation procedure described in

section 4.1.

A more likely explanation is that ?1°Pbex activity varies within the water column
above the sites. The general circulation within Maxwell Bay (Figure 2.2) shows
that water enters the bay to the south-west and moves clockwise around the bay.
It is suggested that as the water circulates past the site at MCO, 2'°Pbex is rapidly
scavenged by fine-grained SPM. This 2°Pb-depleted water then circulates into
Marian Cove, where ?19Pbex is further scavenged by the surface SPM within the
cove. However, Yoon et al. (2015) demonstrated that the majority of surface SPM
is exported out of Marian Cove, removing this ?1°Pb from the fjord. As such, the
coarser sediment that ends up deposited within the cove is severely limited in
210pp, whilst comparatively higher concentrations of 2'°Pb are found outside the
fjord, such as at site MCO. These patterns are enhanced by the water-depth from
which the cores are taken: site MCO is in greater water depth than MC2 and MC4,
which allows for a greater residence time of sediment particles within the water

column and subsequently greater 2'°Pb adsorption (Eidam et al., 2019).

The MARs reported for Marian Cove in this study were of a similar magnitude to
those reported in previous studies, which range from 0.1-0.8 g cm2 yr? (Table
2.1). Cores MC2 and MC4 were taken from the same individual mid- and inner-
fiord basins as cores KC21 and KC22 from Boldt et al. (2013). MARSs reported for
the lower part of KC22 are similar to the mean MAR calculated for MC2, though
diverge in the upper part of the core. The MARSs reported for KC21, on the other
hand, are two to four times higher than those calculated here for MC4, possibly
reflecting a high degree of variability in sedimentation within these basins, as
KC21 was taken closer to the northern edge of the cove, while core MC4 was
situated in the deepest part of the basin.

The typical glacimarine down-fjord gradient in mass accumulation rates was not
observed in Marian Cove, suggesting a diverse source of sediments (Munoz &
Wellner, 2016). Previous work on SPM in Marian Cove suggests that most
surface SPM is transported out of the cove and exported to Maxwell Bay, and
thus the mid-depth cold tongue generated from subglacial meltwater represents

the most important source of sediments within the cove (Yoo et al., 2015). The
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data presented here lend credence to this hypothesis, with sedimentation rates
within the cove (sites MC2 and MC4) being substantially lower than those just
outside the fjord mouth (MCO). Furthermore, as this cold-tongue occurs at depth,
it would be unable to override the bathymetric sill separating the innermost basin
from the middle basin, explaining the low sedimentation rates for MC2. Numerous
meltwater streams, from land-terminating glaciers, enter the bay to the north of
Marian Cove, and likely contribute to the higher sedimentation rates at MCO.
Whilst the more open-ocean setting of MCO might result in greater primary
productivity and thus biogenic sedimentation, OC content of all cores at Marian
Cove was low (<1% - see section 4.2), and thus this would be relatively
uninfluential on overall sediment accumulation rates. This spatial pattern of
sedimentation rates within Marian Cove, despite recent rapid retreat of the tide-
water glacier at the head of the cove, suggests that meltwater processes may be
a more important control on sedimentation rates than calving and subaqueous

ablation.

Figure 5.1. Inferred physical and biological processes occurring in Marian Cove.

Vertical profiles of ?1°Pbex in all cores at Marian Cove suggest steady state

accumulation over time, with no appreciable changes in the exponential decay
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function. Resultingly, none of the cores in Marian Cove exhibited temporal trends
in MAR. These findings are surprising given the increasing temperature and
precipitation over the past 50 years (Turner et al., 2016). This is particularly
interesting when compared with the results presented in Boldt et al. (2013), who
reported a shift in sedimentation rates, generally occurring between 10-20cm
depth, on the basis of which they inferred a shift of glaciation style in the South
Shetland Islands from cold- to warm-based. Monien et al. (2017) also reported
an increase in MAR in recent decades, though this trend was only present in two
cores (P03 and P09), while core K44, located proximally to core P03, showed no
increase. The results of this current study, as well as those presented in Monien
et al. (2017), indicate that not only are spatial patterns in mean MAR highly
variable, temporal shifts in MARs may also be dampened by local processes,
highlighting the potential problems with using MARSs in AP fjords to infer regional

paleoenvironmental changes.

5.1.2 Borgen Bay

In Borgen Bay ?'°Pbex surface activities varied substantially. As observed at
Marian Cove, the outer site, BBO, had the highest ?19Pbex activity at 379+26 Bq
kg™ (of a similar magnitude to MCO), followed by BB1 at 273+16 Bq kg, and
finally BB3 at 113+9 Bq kg™*. This pattern can likely be explained by sedimentation
dynamics; BB3 has higher sedimentation rates than BBO and BB1, and due to
proximity to the ice-front would be expected to have a higher contribution of
coarser particles, both of which would act to reduce the supply of 2:°Pbex to the

seabed sediments.

Cores BBO0 and BB3 exhibited a marked change in the rate of decrease of 21°Pbex
down-core (at 10-12cm and 8cm depth, respectively), providing preliminary
evidence of variable MARs over time, whilst the decrease in activity of 21°Pbex in

core BB1 was relatively consistent over-time.

The MARSs for cores taken from Bérgen Bay varied, though all fall within the range
of previously reported MARs for nearby Gerlache Strait, Bismarck Strait and
Andvord Bay (Table 2.2). BB3, proximal to the ice front, had the highest MAR,

with a mean of 0.42 g cm2yr?, with the intermediate core site (BB1) exhibiting
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the lowest mean MARs of 0.11 g cm yr?, and the distal site (BBO) recording
mean MARs of 0.24 g cm2yr?,

Both BB1 and BBO are located outside the main northern-sector fjord, within the
larger embayment, and thus the lack of a proximal-distal gradient in MAR may
reflect additional sediment sources within the main bay region. However, the
relatively high rates of MAR found in BB3 indicate that unlike at MC, a substantial
fraction of glacial sediment yield is deposited within the inner basin of the fjord.
The glacier in the western sector of Borgen Bay may also contribute sediment to
sites BB1 and BBO, though given the lower rates for BB1, despite greater
proximity to the western-sector glacier than BBO, this is likely minimal.

In many fjord systems, productivity (and thus biogenic sedimentation) increases
towards the fjord mouth due to reduced turbidity and a more stable upper water
column (Domack & Ishman, 1993); this is unlikely the primary cause of the
difference between BBO and BB1, as although carbon flux was greater at BBO,
carbon content was relatively similar for both cores, indicating that the difference

is due to lithic sedimentation.

In some studies unexpectedly low MARs have been attributed to winnowing of
fine material by strong currents (typical of estuarine circulation in fjords) (Munoz
& Wellner, 2016), but again, this is unlikely to be the cause of the differences
observed here, as under such circumstances one would expect significantly lower

210ppey activity in BB1 — this was not the case.

Alternatively, the differences in MARs may simply be a function of circulation
patterns, either due to circulation dynamics outside the bay resulting in
allochthonous input from the Neumeyer Channel, or intra-bay circulation
dynamics that result in sediment-laden meltwater and icebergs being directed
away from the site at BB1. One such plausible scenario might be strong surface
flow resulting from estuarine circulation resulting in both a short residence time

of icebergs and fine material remaining in suspension over the site at BB1.

The maximum age at the base of BB3 indicates that sediment deposition has

been occurring prior to the retreat of the ice front past the core location (Figure
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2.5), implying that the ice-front observed in the satellite data was floating over the
deep basin, rather than grounded. This would explain the pattern of ice retreat
observed in the satellite data, whereby substantial retreat occurred in the middle
of the ice front, but towards the edges, in shallower bathymetry, the ice front
remained relatively stable. Furthermore, it would reconcile the differences in ice-
front retreat between the western and northern sector. In the western, shallower
sector of Borgen Bay, very little ice front retreat occurred over the satellite record,
despite close proximity to the northern sector which underwent significant retreat,
consistent with observations that glaciers with floating ice fronts are more

susceptible to retreat than those with grounded termini (Silva et al., 2020).

Variations in MAR over time for all cores from Bérgen Bay exhibited similar
patterns, with peaks and troughs occurring synchronously, providing preliminary
evidence for the validity of the associated age-depth models. The differences that
do exist between cores are likely a result of the relative importance of glacier front
retreat on the distance from the core site to the front. Rates of accumulation
typically decrease exponentially away from the ice front (Cowan et al., 1997,
Jaeger & Nittrouer, 1999), and the same rate of retreat will result in a relatively
greater increase in distance to the ice front for proximal sites compared with distal
sites. The retreat of 0.6 km between 1997-2003, for example, represented an
increase in distance of 120% for BB3, but an increase of just 10% for BBO. Under
such circumstances, BBO could, in effect, be considered as a ‘control site’, simply
recording variations in sediment production (albeit dampened by external
sources), relatively unaffected by variations in frontal position, whilst the signal of
sediment yield at BB3, on the other hand, is overprinted by the stronger effect of
ice front retreat acting to increase the distance of the core site from the ice front.
Furthermore, variations in MAR are interpreted to represent variations in lithic

sedimentation, as in all cases carbon content was <1% (Figure 4.4).

At site BB3 a prominent peak in MAR was recorded at 1993 (x2). Extremely low
210phey values, indicative of episodic sediment delivery (Boldt et al., 2013), were
also measured at 1958 and 1978 (+2). As core BB3 has low initial concentrations
of 2'°Pbex, and these minima occurred at depth, the propagated uncertainties
associated with the magnitude of MAR calculated from these values are high,

though the presence of such low values does indicate that substantial
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sedimentation occurred (Boldt et al., 2013). The patterns of MAR for BB3 are
likely a function of variations in glacial sediment yield, overprinted by periods of
ice front instability and retreat which in turn led to a relative increase in the
distance between the ice front and the core site and a subsequent reduction in
the fraction of sediment reaching the core site. This would explain the reduction
in the apparent magnitude in sedimentation for the peaks observed at 1993
compared to those towards the base of the core (when the core site would have

been extremely ice-proximal).

In addition to generally low MARSs, the only peak resolved in core BB1 (mid-bay)
was at 1967 (£3), though the apparent lack in subsequent MAR peaks may be
due to sampling resolution, as the low rates of accumulation resulted in low
temporal sampling resolution, despite equal sampling with regards to depth-in-

core.

In the most distal core (BB0) sedimentation rates steadily increased from the
base of the core. At 1963 (+3) a slight increase in MAR was recorded,
contemporaneous with the first episodic sediment delivery event in BB3 and the
peak in MARs in BB1, though this is within the range of uncertainties associated
with measurements of samples above and below. A subsequent peak, coincident
with the second episodic sediment delivery event in BB3 (1978+2) was recorded
at 1978 and 1985 (£2). It is unclear whether this represents continuously high
sedimentation over this time period, or if a drop in MAR occurred in-between the

samples.

In either case, the identification of these two peaks, concurrent with the two most
prominent peaks in MAR in core BB3, would indicate that this represents a
general increase in glacial sediment yield, as opposed to localised events.
Interestingly, the 19932 peak in BB3 was not apparent in BBO. This may be due
to sampling resolution, as no measurement was taken at 5cm depth (1991-2002),
or may indicate that in core BB3 this was a discrete, localised event, as opposed
to a general increase in sediment production. MARs remained low from this point
until present, as was recorded for BB3, indicating a general reduction in sediment
yield.
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Glacier retreat on the mid- and southern- latitude WAP has been demonstrated
to be primarily driven by the upwelling and warming of CDW, and the intrusion of
this warm water into fjords and bays, resulting in increased ice calving and basal
melting (Cook et al., 2016). Observations of Anvers Island corroborate this
interpretation, as meltwater in the region is rare (Rundle, 1973; Honkala, 1970).
Indeed, a study on a fjord system just 25km from Borgen Bay (Arthur Harbor), on
the west coast of Anvers Island, found that though a small amount of meltwater
drained from the glacier surface, no sub- or englacial meltwater was detected
entering the fjord from the glacier, and that the most important sources of
sediment were through direct subaqueous melting of the submerged ice-front and
the melting of calved glacial ice (Ashley & Smith, 2000). The limited meltwater
draining from the ice surface is likely to transport relatively little sediment, as
observations of glacial ice from Anvers Island indicate that most sediment is
entrained within the basal (~0.5 m) layer (Ashley & Smith, 2000). Furthermore,
within Borgen Bay itself, calving processes appear to be a primary driver of
modern ice front retreat (Meredith et al., 2022), and CDW has repeatedly been

observed within the bay via CTD measurements (K. Sheen, pers. comms).

Under such a scenario, variations in glacial sediment yield will reflect the release
of entrained sediment from melting glacial ice, as opposed to an increase in
sediment production resulting from higher meltwater delivery to the ice-bed
interface. This sediment release may occur in situ, from direct basal melting of
the ice-front or tongue, whereupon coarse material would be deposited
proximally, and finer material would be suspended within the water column and
subsequently distributed by currents; or by the melting of calved ice, allowing for

the distal deposition of coarse and fine material.

Here, it is argued that patterns of MAR in Bdrgen Bay can be explained by
oceanographic regime, modulated by local bathymetry and fjord geometry,
resulting in changes in entrained sediment release and the local depositional
environment. Prior to observational (satellite) data, ice fronts were likely extended
due to significantly cooler temperatures experienced during the Little Ice Age;
bathymetric data indicate that this was the case in Bdrgen Bay, with glacial
features on the seabed extending out to the Neumeyer Channel (Rodrigo &
Herbstaedt, 2021).
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The phase of retreat observed at the start of the satellite data (1955-1956) —
which is four times higher than the retreat rate observed during other phases of
retreat at Bérgen Bay — may represent a continuation of a retreat from the mouth
of the northern-sector fjord, whereupon it would have been stabilised by the
narrow geometry and prominent sill. Narrower fjord-geometries and shallow
bathymetries can function as pinning points for ice due to the increased lateral
drag that is exerted on the glacier (Benn et al., 2007); this is a common feature
of glacier retreat on the AP (Batchelor et al., 2019). Such a position, with an ice-
tongue either directly pinned on a prominent sill, or terminating in the shallow
waters above it, would limit the intrusion and access of CDW to the ice front and
base (Smith et al., 2017), as well as inhibiting lateral stress and calving (Benn et
al., 2007; Favier et al., 2016), thus limiting entrained-sediment release. This

would explain the low MARs, and low variability in MAR, at BBO prior to 1955.

Following this rapid retreat observed at 1955, increased access of CDW to the
base of the ice-tongue and front of ice would have allowed for increased basal
melting and release of entrained sediment during periods of intrusion of CDW, as
well as increased calving, explaining the increased MARs at BBO, BB1 and BB3.
The notable peaks in MAR observed in the cores likely represents phases of
increased CDW intrusion, or shoaling and warming of already intruding CDW
(Schmidtko et al., 2014), and/or periods of increased ice-front calving. Over the
latter half of the 20" century, the ice tongue progressively calved and retreated
over the deep basin of the northern sector. At present, the glacier has no notable
ice-tongue (Meredith et al., 2022), suggesting that this frontal retreat observed in
the satellite data is a record of ice-tongue collapse, as has been observed across
the AP (Cook & Vaughan, 2010; Davies et al., 2012; Friedl et al., 2018; Gomez-
Fell et al., 2021; Miles et al., 2022). It is suggested that the reduction in MARs
after ~1990 in cores BBO and BB3 is a function of the loss of this ice tongue:
when the ice-tongue is lost, the contact area between CDW and glacial ice is
reduced significantly, limiting melting to the vertical front of the ice, thus resulting
in significantly less glacially-entrained sediment release, as well as a reduction in

the rate of calving.
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Figure 5.2. lllustration
of the progressive
collapse of an ice-
tongue at Borgen Bay
as inferred from
satellite and mass
accumulation rate data.

5.1.3 Ryder Bay

Core SCO at Ryder Bay exhibited similar surface activities (350+27 Bq kg™) to
the other outer-bay cores, implying a similar flux of 21°Pb across the AP. Two
peaks in MAR at 1987 (x3) and 2004 (+1) were observed, coincident with the
onset of ice-front retreat in the satellite record at 1989, which became relatively
stable around 2003, indicating that these periods of high MAR may relate to ice-

rafting of debris during calving events.

5.1.4 Summary of 2°Pb Age-Depth Models and Sediment Mass

Accumulation rates

The patterns, magnitude and spatial variation in MARs at Marian Cove, Borgen
Bay, and Ryder Bay implicate a diverse array of processes driving variations in
sedimentation rates over the AP. In the north, sedimentation appears to be
dominated by meltwater processes, with land-terminating glacial run-off
contributing substantial sediment load and dampening the typical glacimarine
proximal-distal gradient; at Marian Cove, the outermost core, MCO, had
significantly higher MARs than the two intra-fjord sites. On the mid- and southern-
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AP, on the other hand, sedimentation appears to be primarily driven by calving
and the basal melting of ice by CDW. This is consistent with our understanding
of climatic and oceanographic changes across the AP: in the north, surface air
temperatures are frequently well above freezing, such that surface ablation and
meltwater delivery to the ice-bed interface is significant (Monien et al., 2017;
Meredith et al.,, 2018), whilst in the south, though air temperatures are
significantly cooler, the shoaling and intensification of CDW has been shown to
cause significant frontal retreat (Schmidtko et al., 2014; Cook et al., 2016). The
apparent loss of a floating ice tongue in Bérgen Bay’s northern sector has

worrying implications for future glacier stability (Miles et al., 2022)

Furthermore, these results have demonstrated that even within individual fjord
systems, complex factors influence MARs at any given site, both spatially and
temporally. General trends can be dampened or amplified by local processes,
most notably the relative increase in distance to the core-site that occurs during
frontal retreat, or overprinted by entirely different processes, with implications for
studies that seek to reconstruct past glacial or climatic changes on the basis of
sedimentation rates (Cowan et al., 2014; Cowan et al., 2010; Majewski et al.,
2012; Milliken et al., 2009). Even the fundamental relationship between
sedimentation and sediment production (erosivity) is complex, as variations in
sedimentation rate can be a product of the release of entrained sediment, rather
than any change to the production of sediment, complicating inferences on basin-
wide erosion rates (e.g. Koppes et al., 2015; Wellner et al., 2016; Hogan et al.,
2020). Overall, these results provide context for understanding past and future
changes to sedimentation rates in AP fjords, but highlight the need to develop a
rigorous understanding of individual fjord-systems and processes before

undertaking such environmental reconstructions.

5.2 Carbon Content

Concentrations of organic carbon in all sediment cores analysed exhibited
significantly decreasing values with depth. When organic matter, produced in the
overlying water column, is deposited on the seafloor, it undergoes
remineralisation by bacterial communities, and carbon is returned to the overlying

seawater in the form of dissolved organic carbon (Keil et al., 2015).
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Remineralisation is most significant in the upper, oxygenated sediment layers,
and diminishes with depth, though will continue in the form of sulphate reduction
to considerable depth.

The profiles of TOC observed in this study are interpreted to represent a function
of progressive remineralisation of the freshly deposited surface TOC, leading to
depleted values at depth. Such an interpretation is also consistent with the
patterns in the rate of down-core decrease of TOC content, with the most
significant decrease occurring just below the upper 2-5 cm, followed by
continued, but slower reductions at mid-depth, and finally consistent
concentrations at the base of cores of sufficient depth (age). The upper 2-5 cm
of these cores generally corresponds to the depth of the surface mixed layer, as
derived from the 2°Pb profiles, which would allow for oxygen replenishment and
subsequently sustained aerobic respiration and rapid degradation of organic
matter. Simultaneously, this mixing would result in homogenization of organic
matter across this section, with freshly deposited organic matter interchanging
with deeper, degraded matter. It would be expected, as was observed, that OC
content would drop considerably just below this mixed layer, as no fresh organic
matter is delivered to the sediment; oxygenation of the sediment would continue
briefly until further burial prevents the percolation of porewaters and dissolution
of oxygen, and all remaining oxygen is respired. Subsequently, in the sub- and
anoxic zone, sulphate reduction would dominate, resulting in the slower, but
continued degradation of OC resulting in the continued decrease in TOC
observed, until OC is further buried. At this point, in the absence of oxygen and
sulphur, remineralisation would cease, resulting in the relatively stable levels of

TOC observed at the base of the older cores.

The fraction of the surface carbon that becomes remineralised is returned to the
atmosphere, and thus has no effect on the partitioning of the carbon cycle, whilst
the fraction of TOC that remains buried at depth is effectively sequestered, and
thus represents carbon removed from the atmospheric and marine carbon
reservoirs. Understanding the rate at which this occurs is crucially important for
understanding the extent to which carbon is sequestered in the oceans, and has

been a major focus of recent research.
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5.2.1 Methodological Considerations

Antarctic fjords, in particular, have been highlighted as a potential significant sink
of carbon as ice retreats and new benthic environments open up (Barnes et al.,
2021). Organic carbon flux (g C m2yr?) can be calculated as MAR multiplied by
TOC content (%). However, as demonstrated above, the carbon content of the
upper and lower parts of the cores represent fundamentally different variables;
carbon surface deposition (surface TOC%) and carbon burial/sequestration
(lower TOC%). Therefore, two variables have been generated per core:
deposition rate and burial rate of organic carbon. The difference between these
two variables represents the fraction of deposited carbon that escapes
remineralisation and eventually becomes sequestered: the burial efficiency. A
summary of all terms used, and associated calculations, can be found in Table
5.1.

An important consideration of this methodology is the determination of the depth
at which carbon can be considered sequestered. One approach would be to base
this on the depth at which two consecutive measurements of TOC content are
invariable, however, this is problematic for several reasons. Firstly, sampling
resolution precludes this method for several of the cores, as only a single
measurement is available at depth (core SCO, for example, consisted of a

measurement at 20cm depth, with the previous measurement occurring at 10cm).

More fundamentally though (and irrespective of sampling strategies), this method
may result in severe overestimation of carbon if ‘false plateaus’ are observed.
The most obvious example of this issue can be seen when comparing core MCO
carbon contents to core BBO; in core BBO a region of relatively consistent carbon
content can be observed between 10 and 20cm, however the core penetrates to
sufficient depth such that a subsequent reduction in content (at 28cm) is
apparent. Core MCO, however, was shorter in length, such that, based on the
above methodology, the relatively stable zone of carbon content observed after
10cm depth would be interpreted as sequestered carbon, when in fact it is likely
that subsequent degradation would be observed at greater depths, as is seen in
core BBO.
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An alternative approach is to consider carbon deposited in sediment of sufficient
age to be sequestered; typically this age is taken as 80-100 years (Koziorowska
et al., 2018 and references therein). Comparing carbon content within each core
with the age depth models generated in section 4, carbon burial rates have been
determined for four of the cores. For three cores (MCO, MC4 and BB3) core
depths were insufficient (and/or mass accumulation rates too high) to allow for
the determination of carbon burial rates, as the lowermost samples are of
insufficient age; remineralisation is likely still occurring at greater depths.

Consequently, no determination of burial efficiency at these sites is possible.

It should be noted that whilst this “aged-carbon” approach is considered more
appropriate than the one previously described, it is still subject to error. Notably,
it relies on the assumption that all differences in carbon between the upper and
lower samples is due to remineralisation, and ignores any changes in surface
deposition over time as a result of varying primary production or degradation
within the water column. Regionally, primary production in the Antarctic Peninsula
has varied somewhat over recent decades due to changes in sea-ice duration
and extent, though has been mitigated to some extent by photoinhibition due to
increased intensity of ultraviolet-B radiation (Moreau et al., 2015). Long-term
increases in primary productivity over the past century appears to be more
pronounced in the southern regions of the AP, whilst in northern regions little
change has been observed (Schofield et al., 2018). Furthermore, it is likely that
some degradation of organic matter occurred in the surface layers of sediment
prior to core collection such that carbon deposition rates are likely an
underestimation of the true value; this effect will be more pronounced for cores
with slower accumulation rates. These issues introduce some degree of
uncertainty to estimations of carbon burial rates based on the above
methodology, and are recognised as a limitation. Burial rates and efficiencies,

should, therefore, be considered as maximum estimates.

Table 5.1. Summary of terms used in relation to carbon data
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Term Definition Calculation Unit
TOC content | The fraction of sediment Experimental %
comprised
of TOC.
MAR The rate at which sediment Derived from g cm
accumulates. 210pp data yri
(see section
1.3)
Deposition The flux of (organic) carbon to MAR x surface g C m?
rate surface sediments. TOC content yri
Burial rate The flux of (organic) carbon to old MAR x deep g Cm?
(>100 yrs) sediment. Can be TOC content yri
considered rate of sequestration.
Burial The fraction of (organic) carbon Burial rate / %
efficiency deposited in surface sediments deposition rate

Preservation
efficiency

that avoids remineralisation.

The fraction of primary
productivity
that avoids remineralisation.

Burial rate /
primary
productivity

%
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Table 5.2 Carbon flux, burial efficiencies, and preservation efficiencies of cores analysed in this study. No site-specific estimates of primary

productivity were available for Borgen Bay.

Core name Mean OC contents Carbon flux
Surface Buried OC deposition rate OC burial rate OC burial Preservation
(%) + (%) + (gCm?yrh + (@Cm?yrYy & efficiency (%) efficiency (%)
Marian Cove
MCO 0.636 0.022 - - 26.07 2.64 - - - -
MC2 0.390 0.025 0.180 0.002 3.12 0.69 1.44 0.31 50 102
MC4 0.305 0.004 - - 4.57 0.75 - - - -
Borgen Bay
BBO 0.530 0.056 0.248 0.002 12.71 2.20 5.96 0.82 50 -
BB1 0.739 0.001 0.231 0.004 8.12 1.22 2.54 0.38 30 -
BB3 0.388 0.001 - - 16.31 4.08 - - - -
Ryder Bay
SCO 0.860 0.030 0.343 0.004 8.60 1.58 3.43 0.62 40 2°

a Based on daily primary productivity reported in Yang (1990), assuming 100 days of productivity (Isla and DeMaster, 2021).

b Based on annual primary productivity reported in Rozema et al. (2017).
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5.2.2 Interpretation of Results

Carbon deposition rates, burial rates, burial efficiencies and preservation
efficiencies are presented in Table 5.2. Surface carbon deposition rates varied
considerably between core sites, ranging from 3-26 g C m2yr. The highest rate
(26.07+2.64) was observed for the outer-fjord site of Marian Cove (MCO);
considerably higher than the rates calculated for MC2 (3.12+0.69) and MC4
(4.57+0.75) within the cove. This may be due to the advection of organic matter
due to local circulation patterns, or alternatively it could represent an input of
allochthonous (terrestrial) carbon to site MCO, which receives much greater
glacial sediment discharge due to its position adjacent to meltwater streams on
the northern cliffs of Marian Cove. Gray et al. (2020), for example, describe
significant algal blooms on the glaciers of the South Shetland Islands.
Alternatively, this may represent input of petrogenic organic carbon (Berg et al.,
2021), which would be problematic for estimations of carbon sequestration
potential.

Preservation efficiencies (i.e., the fraction of marine primary production that
avoids remineralisation in both the water column and sediment) lend credence to
this hypothesis of increased terrestrial OC input. Taking a marine primary
productivity estimate for Marian Cove of 14 g C m-2yr! (calculated from daily rates
of summer primary productivity reported by Yang (1990), and assuming 100 days
of productivity as in Isla and DeMaster, 2021), and an assumed burial rate of 50%
for MCO and MC4 (for which direct calculations were not possible due to
insufficient age), preservation efficiencies for the inner cove sites are estimated
at 10 and 16% (for MC2 and MC4, respectively), consistent with observations
across the AP (2-18% - Isla and DeMaster, 2021). Whilst MCO sits outside of
Marian Cove and so may be subject to more open-ocean conditions, even taking
a higher primary productivity estimate of 30 g C m2 yr! for Maxwell Bay (Yang et
al. (1990), estimated preservation efficiency would be unreasonably high (43%)
if marine primary productivity were the only source of organic carbon, indicating
substantial allochthonous input. The contribution of terrestrial matter would not
necessarily be proportionate to the excess preservation, however, as terrestrial
organic matter is typically significantly more refractory than marine organic matter
(Burdige, 2007; Cui et al., 2016; Smith et al., 2010).
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At Borgen Bay, intra-fjord variability in surface OC deposition is lower. Values for
BBO and BB3 were similar (within 10), at 12.71+2.2 and 16.31+4.08 respectively,
while slightly lower rates of carbon deposition were calculated for BB1. The
consistency in deposition rates at BBO and BB3 is surprising, as higher
productivity is generally expected away from the fjord head (Domack & Ishman,
1993). This may instead indicate greater preservation within the water column at
BB3 (for example due to adsorption to glacial iron (Faust et al., 2021)), or,
alternatively, greater degradation of the surface carbon prior to core retrieval at
BBO due to lower mass accumulation rates. The lower deposition rates calculated
for BB1 are possibly due to advection of OM away from the core site, consistent
with interpretations of surface 2'°Pbex activity, and/or, similar to above, related to

pre-collection degradation.

When comparing entire fjord systems, marine carbon deposition rates were
highest at Boérgen Bay (12.38+2.50 g C m2yr?), followed by SCO (8.6+1.58), and
finally Marian Cove (3.85+0.72; not including MCO due to inferred contribution of
terrestrial OM). This is consistent with regional patterns of primary productivity
across the AP, which indicate highest rates in the Gerlache Strait (close to Borgen
Bay) of 300-750 g C m2yr? (Isla et al., 2002), followed by Ryder Bay (176-214 ¢
C m?2yr': Rozema et al., 2017), and finally the Bransfield Strait (40-50 g C m?
yri; Isla & DeMaster, 2021). Preservation efficiency appears significantly lower
at Ryder Bay than Marian Cove, consistent with observations of low export of
primary production to depth reported by Weston et al. (2013), attributed to

intensive grazing and remineralisation in the upper water-column.

Burial efficiencies were relatively consistent between coring locations (30-50%),
though were only able to be calculated for four sites. This low sample size
precludes robust analysis of factors driving burial efficiencies, though based on
this preliminary evidence there appears to be little or no relationship between
burial efficiency and mass accumulation rate, which is surprising given previous
expectations (e.g., Arndt et al., 2013). Furthermore, there was little variation in
burial efficiency between the three fjords, despite differences in climate and
oceanographic regime, indicating some commonality across Antarctic Peninsula

fljord systems.
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Carbon burial rates are comparable to those found for cores from other
continental shelf sites across the Antarctic Peninsula, in the Bransfield Strait (3.1-
6.7 g C m?yr! — Masqué et al., 2002) and the Gerlache Strait (5-23 g C m2yr*
— Isla et al., 2002). Burial rates reported for fjord sediments in Andvord Bay (18-
24 g m2 yr! — Eidam et al., 2019) were significantly higher than those reported
for nearby Borgen Bay, though this difference is likely due to differing
methodologies; Eidam et al. (2019) calculated burial rates based on carbon
content of the upper 10cm of sediment, and thus their estimates should be
considered closer to deposition rates (in which case, rates closely correspond to

those observed at Borgen Bay).

Interestingly, despite remarkably similar burial rates, the carbon burial efficiencies
were significantly higher at the continental shelf sites (60-80%) (Masqué et al.,
2002; Isla et al., 2002) compared with the present study (30-50%), while the lower
burial efficiencies in the fjords of this study were balanced out by higher surface
depositional rates. Indeed studies of carbon burial in fjords in Patagonia
(Sepulveda et al., 2011) and Svalbard (Kulinski et al., 2014) suggest similar lower
burial efficiencies (40-60%). This may indicate that the processes that govern
burial efficiency (water oxygen concentration, sedimentation rates, and organic
matter content) are different between fjord systems and other marine sites.
However, the above processes should favour preservation in fjord systems,
which typically experience high sedimentation rates and anoxic bottom waters
(Bianchi et al., 2016).

Itis suggested that this difference in burial efficiency instead arises from the depth
of the water column above the seafloor, and the nature of organic matter that is
therefore deposited. The cores analysed in this study were taken from relatively
shallow water depths, ranging from 80-340m depth, whilst the cores analysed in
Masqué et al. (2002) and Isla et al. (2002) were taken on the wider continental
shelf from depths closer to 1 km. As organic matter sinks from the surface waters
it is respired by microbial communities within the water column, such that the
fraction that eventually reaches the seabed is already considerably depleted. As
discussed in section 1.2.4, this process results in a form of fractionation, whereby

the more labile material is preferentially respired, resulting in comparative
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enrichment of refractory material for the organic matter that reaches the seafloor
(Burdige, 2007, DeMaster et al., 2021). Organic matter that experiences a higher
residence time within the water column (i.e., sinking through greater water
depths) would be expected to experience a greater loss of labile material. On the
contrary, in shallower water depths, organic matter spends less time in the water
column, such that this labile material is preserved and deposited on the sediment
surface, resulting in high surface sediment organic content (deposition).
However, this labile material is more susceptible to remineralisation within the
sediment; thus, while surface sediments in these fjords are high in OC, burial
efficiencies are lower, such that the resulting carbon burial rates (sequestration)
are more or less equal to those found on the continental shelf.

Alternatively, these differences in burial efficiency may represent higher sulphate
concentrations at the fjord sites: the TOC concentration profiles presented in
Masqué et al. (2002) exhibit degradation in the upper few centimetres, coincident
with the depth of the surface mixed layer, followed by relatively stable levels,
indicating a lack of deep sulphate reduction; the cores in the present study, on

the other hand, showed continued degradation to considerable depths.

Regardless of causal factor, this discrepancy in burial efficiencies presents
significant problems for estimations of fjord carbon burial rates based on surface
carbon content. Smith et al. (2015), for example, estimate that 18 Mt of carbon is
buried in fjords globally, on the basis of surface sediment OC content and a
blanket burial efficiency of 80%, based on observations in Berner (1982).
According to the results of the present study, this likely results in an
overestimation of 40-50%, at least in the Antarctic Peninsula region. Similarly,
estimations of the potential of Antarctic fjords as a negative feedback on climate
change (Barnes et al., 2020; Zwerschke et al., 2022) may be exaggerated.
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Chapter 6: Conclusions

Mass accumulation rates for all fjords studied were within the range of previously
reported MARs from across the AP. No long-term trends in MAR were observed
at any of the sites, though at Borgen Bay synchronous peaks in MAR were
observed, culminating with the highest MARSs circa 1980-1990. This is interpreted
to represent the progressive collapse of a floating ice tongue due to the intrusion
of CDW, with implications for future glacier stability (Miles et al., 2022). At Marian
Cove, the typical proximal-distal gradient in MAR was absent, suggesting a
diverse source of sediments, most notably the input from pro-glacial meltwater

streams from land-terminating ice.

Surface deposition rates of organic carbon varied, with the highest fjord-wide
rates occurring at Borgen Bay, followed by Sheldon Cove and Marian Cove,
though anomalously high rates were observed outside the entrance to Marian
Cove, attributed to terrestrial organic matter input. Whilst surface organic carbon
deposition rates were greater than those reported for other sites across the
Antarctic Peninsula continental shelf, burial efficiencies were significantly lower,
resulting in similar burial rates of sequestered carbon. This has important
implications for estimations of contemporary burial of organic carbon in fjords
based on surface organic carbon content, suggesting that current calculations

may be erroneously high.

Several limitations of the present study have been identified, and several
recommendations are suggested for future research, in the following order of

importance:

1. Validating the age-depth models
¢ The age-depth models generated for the present study sites should
be validated by independent chronostratigraphic markers. This has
proved difficult for the Antarctic Peninsula region as bomb-fallout
radio-isotope maxima are undetectable, there are no recent
dateable tephra horizons (Lee et al., 2007), and there are no readily
identifiable abrupt signals of human industry or land-use change.
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Future avenues of investigation could relate to the establishment of
nearby scientific research bases (the King Sejong Station at Marian
Cove and the Rothera Research Station at Ryder Bay), for example

with regards to lipid biomarkers (K. Afrifa, pers. comms).

2. Improving the accuracy of modern OC burial efficiency and burial rate

estimations

Estimations of burial efficiency and rates presented here are
calculated based on the relationship between modern and aged OC
contents. This has certain limitations, notably the degradation of
organic matter prior to core retrieval and the possibility of time-
varying production rates, both of which could result in
overestimations. An alternative approach would be to instead
calculate carbon return flux on the basis of porewater
measurements of dissolved organic carbon (Koziorowska et al.,
2018).

3. Increasing sample size to better assess factors influencing burial efficiency

4. Assessing the relative contribution of terrestrial and marine organic matter

Effort should be made to determine the relative contribution of
marine and terrestrial organic matter, and the possible presence of
petrogenic organic carbon (particularly for core MCO), based on the
isotopic composition of fatty acid components (e.g. Berg et al.,
2021).
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Table Al: Isotope data used to construct age-depth models and calculate mass

accumulation rates. Sample surface area = 63.62 cm?. Uncertainty = 10.

Core  Sample depth Sample Dry bulk density  2%Pby  * 214pp +
thickness
cm cm gem? Bqg kg! Bq kg?
MCO 0.5 0.5 0.77 270 23 13 1
MCO 1 0.5 0.63 330 25 14 2
MCO 2 0.5 0.77 295 20 14 1
MCO 3 1 0.74 308 20 12 1
MCO 4 1 0.85 299 14 12 1
MCO 6 1 0.75 310 21 13 1
MCO 8 1 0.80 278 19 12 1
MCO 10 1 1.07 263 18 12 1
MCO 12 1 0.85 214 23 12 1
MCO 14 1 0.87 196 14 12 1
MCO 16 1 0.87 172 13 11 1
MCO 18 1 0.91 149 11 11 1
MCO 20 1 0.79 146 11 10 1
MCO 22 1 0.81 114 9 11 1
MCO 24 1 0.83 132 11 12 1
MC2 1 1 0.58 144 7 42 2
MC2 2 1 0.64 152 9 38 1
MC2 3 1 0.68 146 9 36 2
MC2 4 1 0.76 104 7 36 1
MC2 6 1 0.82 86 5 37 2
MC2 8 1 0.87 52 10 34 2
MC2 10 1 0.84 66 6 43 2
MC2 12 1 0.86 56 6 38 2
MC2 14 1 0.94 41 6 38 3
MC2 16 1 0.90 45 7 40 2
MC2 18 1 0.99 51 4 38 2
MC2 20 1 0.99 44 6 38 2
MC2 22 1 1.05 43 5 38 2
MC2 24 1 1.01 45 5 38 2
MC4 1 1 0.57 102 8 31 2
MC4 2 1 0.68 96 8 26 2
MC4 3 1 0.65 104 7 28 2
MC4 4 1 0.68 111 8 27 2
MC4 6 1 1.61 80 5 28 2
MC4 8 1 0.97 - - 27 1
MC4 10 1 1.00 63 5 30 2
MC4 12 1 1.01 51 5 32 2
BBO 0.5 0.5 0.81 394 25 15 1
BBO 1 0.5 0.71 368 24 16 1
BBO 2 0.5 0.80 387 25 18 1
BBO 3 1 0.97 191 12 15 1
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